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Every year, the oceans absorb one quarter of the carbon dioxide (CO2) emitted
to the atmosphere by human activities. This CO2 sink is part of a very active,
natural carbon cycle, through which phytoplankton fix CO2 into organic matter in
the surface layer of the ocean. Phytoplankton cells tend to aggregate and sink from
this surface layer, exporting carbon to the deep ocean and regulating the atmospheric
CO2 on long time scales. In the light of the recent unequivocal evidence of global
warming, it appears essential to assess its impact on phytoplankton community and
to evaluate the subsequent feedback through the oceanic carbon cycle.
In recent years, phytoplankton phenology has been suggested as a systematic
indicator to monitor the state of the pelagic ecosystem and detect changes triggered
by perturbation of environmental conditions. For the first time, the phenology of
phytoplankton growing season is estimated at the global scale using remote-sensing
ocean colour data. The tropics and subtropics present generally long growing season
(15-20 weeks) of low amplitude (< 0.5 mg m−3), whereas the high-latitudes show
short growing season (< 10 weeks) of high amplitude (up to 7 mg m−3). Correlation
analyses suggest a close coupling between the development of the growing season and
the seasonal increase in insolation in the North Atlantic and Southern Ocean. In the
tropics and subtropics, light is rarely limiting and the growing season is controlled by
nutrient supply enhanced by water mixing. Over the decade 1998-2008, the duration
of growing season shows large interannual variability of up to ± 10 weeks. Globally,
positive anomalies follow the major 1997-98 El Nin˜o-La Nin˜a events and persist until
2001. Positive phases of climate indices such as the North Atlantic Oscillation and
the Southern Annular Mode, associated with enhanced water mixing and nutrients
supply, generally sustain longer growing season.
iii
Using in-situ observations, we show that the export of carbon can be related
to the length of the phytoplankton growing season, with largest export in regions
where the growing season is shortest and the blooms most intense. Using satellite
observations, from the sensors CZCS and SeaWiFS, we estimate that North of 45◦S,
the phytoplankton growing season increased by 2.4 weeks on average between the
periods 1979-1986 and 1998-2008. Longer growing seasons are associated with re-
gional patterns of surface warming on the same time scale. We infer from in-situ
data a decrease in carbon export of 0.6 Pg C yr−1 (excluding the Southern Ocean)
over two decades. This represents an unexpected, and important, feedback between
physical and biological processes in the ocean: global warming modifies phytoplank-
ton growth, reducing the capacity of the ocean to absorb atmospheric CO2 leading
to a probable aggravation of global warming.
Finally, phenological characteristics of the phytoplankton growing season are
used to resolve Sverdrup’s critical depth model. Mixed layer integrated plankton
community respiration Rmld and net community production NCPmld are estimated
at the global scale using remote-sensing data of incident irradiance level and pri-
mary production, and a global mixed layer depth climatology. NCPmld estimates
agree with in-situ observations and model results in the tropical and North Atlantic
regions. The model estimates a net autotrophic imbalance of + 0.65 Pg C yr−1 in
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and Gruber (2006)). The rates of photosynthesis decrease exponen-
tially with depth due to attenuation of the irradiance by absorption
and scattering. The rates of respiration of the plankton community
(i.e. phytoplankton, zooplankton and bacteria) are assumed to re-
main constant with depth. At compensation depth zc, the rates
of photosynthesis and respiration are equal. In a stratified water-
column, net phytoplankton growth occurs at depth greater than zc.
In a mixed water-column, phytoplankton cells will spend time both
above and below zc and the depth-averaged rates of photosynthesis
are estimated. The depth at which the averaged-depth rates of pho-
tosynthesis and respiration are equal is defined as the critical depth
zcr. Net phytoplankton growth occurs when the depth of the mixed
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4.3 Spatial distribution of (a) week of initiation of growing (bi; week 1
starting in January), (b) mixed layer depth at initiation (zmld in me-
ters), (c) incident irradiance in the PAR at initiation (Io in mol pho-
ton m−2 d−1), (d) community compensation irradiance (Ic in mol pho-
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4.4 Difference between the Sverdrup critical depth zcr and the mixed layer
depth zmld (climatology of de Boyer Monte´gut et al. (2004)) as a
function of latitude and time. Ic is assumed to remain constant over
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4.5 Spatial and temporal distribution of mixed layer depth-integrated (a,
b) Primary Production (Pmld in g C m
−2 y−1); (c, d) Community
respiration (Rmld in g C m
−2 y−1); (e, f) Net community produc-
tion (NCPmld in g C m
−2 y−1). Positive NCPmld indicates net au-
totrophic imbalance (Pmld > Rmld). Negative NCPmld indicates net
heterotrophic imbalance (Pmld < Rmld). Plain line indicates the time
of peak amplitude of the phytoplankton growing season. Dashed lines
indicate the time of initiation and end of growing season. . . . . . . . 128
4.6 Mixed layer depth-integrated community respiration Rmld as a func-
tion of production Pmld in g C m
−2 y−1. Colour scale indicates the
latitude of the data point (from 65◦S to 65◦N). The solid line is the
fitted regression Rmld = 1.3±0.01Pmld − 21, ρ = 0.69, P < 0.001,
n = 13473. The likelihood of the slope is given at ± 1 σ. The dashed
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4.7 Mean seasonal cycles of present study mixed layer depth-integrated
NCPmld and Serret et al. (2009) modelled euphotic zone-integrated
NCPeu in the NADR province (Longhurst, 1998); and seasonal varia-
tion of the percentage of oxygen saturation integrated to the depth of
the winter mixed layer at an off-shelf station in the southern Bay of
Biscay measured by Serret et al. (1999). Shadowed trend shows the
range of NCPeu measurements across the Biscay shelf as reported by
Serret et al. (1999). The figure is adapted from Serret et al. (2009).
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Broecker and Peng (1982)). The scale in g C m−2 y−1 is given for
comparative information. . . . . . . . . . . . . . . . . . . . . . . . . . 130
xxi
4.8 Mixed layer depth-integrated (a) net community production NCPmld
and (b) net change in phytoplankton biomass NCBmld as a function
of latitude and time. NCBmld is calculated as per Zhai et al. (2009).
Estimates are in g C m−2 y−1. Plain line indicates the time of peak
amplitude of the phytoplankton growing season. Dashed lines indi-






Climate is the average condition of the atmosphere and underlying land or water on
seasonal, decadal, centennial and longer timescales (Le Treut et al., 2007). Climate is
typically characterised by a set of variables such as temperature, precipitation, wind,
cloud cover, humidity, sea surface temperature (SST), sea ice extent and thickness.
Although the variables are usually described in terms of their mean and variability,
other measures such as maximum seasonal temperature, minimum annual sea ice
extent, frequency of storms or floods, and the length of the growing season may also
provide useful information. The Earth’s climate evolves in time under the influence
of its intrinsic variability, and because of changes in external forcings, either long-
term or abrupt.
1.1.1 Variability
Large-scale patterns of climate variability (so called teleconnection patterns) are
characterised by various climatic modes or indices. The El Nin˜o Southern Oscilla-
tion (ENSO) is the most important pattern of climate variability in the tropics. The
northern and southern annular modes are the dominant patterns of climate variabil-
ity in the northern and southern hemispheres. Whereas ENSO owes its existence to
coupled ocean-atmosphere interaction in the tropical Pacific, the annular modes are
related to fluctuations in the position of atmospheric masses between the mid- and
high-latitudes.
El Nin˜o Southern Oscillation (ENSO)
El Nin˜o events lead to warming of surface temperature in the equatorial Pacific from
the International Date Line to the western coast of South America. Atmospheric
variations are linked to the Southern Oscillation, which describes the fluctuations
in the sign difference of air pressure between the eastern (i.e. Tahiti) and western
(i.e. Darwin) tropical and subtropical Pacific. The atmospheric fluctuations induce
changes in the Trade Winds, tropical circulation and precipitation (Trenberth et al.,
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2007). In the historical record of the ENSO cycle, warm SST El Nin˜o or cold La
Nin˜a events occur every 3 to 7 years. The particularly strong El Nin˜o in 1997-1998
followed by the La Nin˜a in 1998-1999 altered dramatically the upwelling of nutrient-
enriched deep waters in the tropical Pacific. Phytoplankton biomass increased by
10% during the El Nin˜o to La Nin˜a transition and the high biomass persisted until
2000 (Behrenfeld et al., 2001).
North Atlantic Oscillation (NAO)
The NAO is a climatic phenomenon of the North Atlantic (NA) that exercises its
influence throughout the Northern Hemisphere (NH). The NAO is characterised
by fluctuations in the difference of atmosphere pressure between the Icelandic Low
and the Azores High pressure systems (Hurrell, 1995). The variability of the NAO
is largest during the winter months (December to March) (Hurrell et al., 2003).
Alternations between positive and negative NAO phases produce large changes in
the mean wind speed and direction between 40◦N and 60◦N, the associated heat
and moisture transport from the Atlantic to the neighbouring continents, and the
intensity and frequency of storms and their paths (Hurrell et al., 2003). Changes in
the NAO also induce significant changes in SST, ocean heat content and currents,
and sea-ice extent and thickness (Williams, 2000; Hu et al., 2002).
Southern Annular Mode (SAM)
The SAM is the leading mode of variability in the atmospheric circulation of the
Southern Hemisphere (SH) (Marshall, 2003). The SAM is characterised by the dif-
ference in atmospheric pressure zonal mean at 40◦S and 65◦S. The variability of the
SAM is largest during the austral summer months (December to March) (Ciasto
and Thompson, 2008). Oscillations in the position of atmospheric mass between
the polar regions and the midlatitudes influence the position and strength of the
circumpolar winds and the corresponding heat and moisture transport. Changes
in the dynamic of atmospheric forcings affect the Southern Ocean (SO) meridional
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overturning circulation, the pathways of intermediate water ventillation and leave a
strong signature in the SST (Sen Gupta and England, 2006).
The amplitude and patterns in which climatic modes influence the ocean-atmosphere
system have been shown to vary markedly over multi-decadal timescales (Trenberth
et al., 2007). Knowledge of the natural modes of variability is therefore critical to
detect and attribute climate change.
1.1.2 Changes
Anthropogenic and natural changes
Climate is governed by the amount of energy entering and escaping the Earth’s
system. Changes in the energy balance will induce directional changes in the Earth’s
climate. The concentration of greenhouse gases in the atmosphere has increased
since the industrial era. Greenhouse gases absorb the heat that would otherwise
escape to space, and thus warm the planet. Carbon dioxide (CO2) is the main
anthropogenic greenhouse gas. It increased by 105 ppm between 1750 and 2008
(nearly 40%) in response to human activities, especially burning of fossil fuels and
deforestation (Le Treut et al., 2007).
The largest climate changes detected in Antarctic ice cores showing paleoclimatic
records of the past 800,000 years, reveal an alternation between glacial and inter-
glacial periods (Jouzel et al., 2007). Such dramatic changes in the Earth’s surface
temperature have resulted from small variations in the Earth’s orbit and axis of
rotation (Milankovitch, 1941; Varadi et al., 2003). These variations modulate the
amount and location of solar radiation reaching the Earth and lead to a global cool-
ing or warming of the Earth’s system. An additional, more abrupt but short-lasting
changes in climate are caused by volcanic eruptions. Large quantities of particles
are ejected into the atmosphere, enhancing reflection of the incident solar radia-
tion and creating a global cooling effect. The violent eruption of Mount Pinatubo
in 1991 resulted in cooler-than-average global surface temperatures that lasted for
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years (Soden et al., 2003).
Part of the challenge in understanding the recent changes in climate has been
to distinguish between natural and anthropogenic-induced climate changes. The
present CO2 concentration is the highest compared with any time in the last half-
million years (Petit et al., 1999), and nearly one million years (Jouzel et al., 2007).
The Intergovernmental Panel on Climate Change (IPCC) stated in the 2007 report
that the warming of the planet is unequivocal and that the observed increase in
global average over the past 50 years is very likely due to the observed increase in
anthropogenic greenhouse gas concentrations (IPCC, 2007).
Recent oceanic climate change
The oceans have the largest heating capacity on Earth. During the past 50 years,
the net heat uptake by the world ocean has been more than 20 times greater than
that by the atmosphere (Levitus et al., 2005). Thus, the oceans play a major buffer
role in the variability and change of the Earth’s climate system. The temperature
of the upper 3,000 m of the world ocean has increased on average by 0.037◦C over
the past 50 years (Levitus et al., 2005). Changes in the ocean heat content are not
uniformly distributed. Whereas most regions of the world ocean present a global
warming trend, the North Pacific, the western tropical Pacific, and the subarctic
gyre of the North Atlantic show a global cooling trend (Bindoff et al., 2007). The
origin of this variability is not well understood. Global warming of the world ocean
temperature is expected to enhance vertical stratification especially in the tropics
and subtropics (Sarmiento et al., 2004).
Although the global warming in ocean temperatures tend to reduce gas solubil-
ity, the recent large increase in atmospheric CO2 concentrations has led to greater
uptake of CO2 by the oceans. Increased CO2 concentration reduce ocean pH and
carbonate ion concentrations, which in turn reduce the capacity of the ocean to
take up additional CO2. Rapid ocean acidification (over decadal timescale) has a
detrimental impact on marine calcifying organisms (Feely et al., 2004; Orr et al.,
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2005). The response of marine ecosystems to ocean acidification is difficult to assess
as a whole and may cause a weakening in the biological part of the oceanic carbon
cycle (see section 1.3.2). Weakening of the oceanic sink of CO2 has been observed
in SO in response to an increase in winds resulting from human activities (Le Que´re´
et al., 2007).
1.2 Tools to monitor biological responses to the
changes
1.2.1 Ocean colour remote sensing
General introduction
Synoptic fields of phytoplankton biomass indexed as concentration of chlorophyll-
a have been available from remote sensing for more than 20 years. They provide
long-time series data with a global coverage at high spatial resolution (1 km) and
frequency (1 day). Ocean colour remote sensing is based on passive radiometers
or sensors measuring in the visible wavelengths the light emerging from the surface
after passing through the sea. Particulate and dissolved substances interact with
the sunlight penetrating the sea. Scattering and absorption of the incident light by
particulate and dissolved substances influence the colour of the light leaving the sea.
In general, phytoplankton cells contain a suite of pigments that absorb strongly in
the blue and red regions of the visible spectrum, but weakly in the green. Thus,
when the abundance of phytoplankton cells in the surface layer increases, the colour
of the water will appear increasingly green.
Most of the radiation reaching the sensor is contributed by atmospheric backscat-
ter, mainly from aerosols and air molecules (Martin, 2004). The remaining fraction
(≈ 10-20%) of the radiation reaching the sensor under cloud-free conditions de-
pends on the pigment concentrations. Algorithms have been developed to remove
this contamination and allow retrieval of the information about the constituents of
1.2 Tools to monitor biological responses to the changes 7
the upper surface layer of the sea.
Ocean colour sensors
The Coastal Zone Color Scanner (CZCS) was flown on the Nimbus-7 satellite launched
in October 1978. CZCS was a demonstration mission designed to operate for one
year. In fact, the sensor remained operational for seven and a half years, until June
1986. CZCS was the first sensor specifically developed to study ocean colour prop-
erties. Its mission had two main objectives: (1) “to establish the technological and
scientific feasibility of mapping ocean phytoplankton pigment concentrations from
satellite” and (2) “to determine the improvements that must be made for successful
follow-on ocean colour missions” (Gregg et al., 2002). CZCS was a multi-spectral
line scanner which measured reflected radiations in six spectral bands (Table 1.1;
IOCCG (1998)). Ocean colour was monitored in four bands of the visible spectra:
band one (blue) for chlorophyll absorption; band two (green) for chlorophyll con-
centration; band three (yellow) for dissolved organic coloured matter or suspended
sediments; and band four (red) for aerosol absorption. A fifth band in the near in-
frared (NIR) monitored land vegetation and band six in the thermal infrared sensed
SST (Martin, 2004). The temporal and spatial coverage of CZCS data was lim-
ited by power restrictions, clouds, darkness and sensor saturation over ice or snow
masses.
The next major satellite instrument was the Sea-viewing Wide Field-of-View
Sensor (SeaWiFS), launched in August 1997 aboard the OrbView-2 satellite. The
sensor began acquiring data on 16th September 1997 and continued to operate in
2009. SeaWiFS measures reflected radiations in eight spectral bands (Table 1.1;
IOCCG (1998)). The six bands in the visible spectra were adjusted on the better un-
derstanding of the spectral absorption characteristics of common water constituents
(Martin, 2004). The addition of one spectral band in the NIR compared with CZCS
improved information to remove more accurately aerosol and atmospheric contami-
nation (Table 1.1).
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Merging of ocean colour products from different sensors
Detection of the response of marine ecosystems to changing climatic conditions
requires the construction of long-time series, which in turn requires the merging of
ocean-colour data from different sensors.
Building-on the experience of CZCS, significant improvements on processing al-
gorithms and calibration techniques have been applied to follow-on sensors, such
as SeaWiFS. CZCS and SeaWiFS are relatively different instruments and inter-
comparison of their ocean colour products is not a straightforward process. Gregg
et al. (2002) reanalysed comprehensively the CZCS archive in an effort called the
NOAA-NASA CZCS Reanalysis (NCR). NCR applied modern atmospheric correc-
tion and bio-optical algorithms to improve the precision and accuracy of the retrieved
ocean colour information. The data were then blended with in-situ chlorophyll
measurements to minimise possible bias in the satellite-derived fields. NCR chloro-
phyll showed remarkable correspondence with SeaWiFS data and decadal changes
in global ocean chlorophyll could be quantified (Gregg and Conkright, 2002). An-
toine et al. (2005) adopted a different approach that remained relatively independent
from in-situ observations. The authors revised the CZCS data processing algorithms
to generate an improved “revised CZCS” chlorophyll data set. To allow intercom-
parison between the CZCS and SeaWiFS sensors, they applied the same revised
algorithms to SeaWiFS data over the period 1998-2002.
The above data merging efforts aimed to allow quantitative comparisons of
satellite-derived field of chlorophyll over decadal timescales. Recent approaches to
monitor temporal changes in ecosystems have relied on ecological indicators (Platt
and Sathyendranath (2008); see section 1.2.2 below). Some of these indicators re-
late to the timing of pelagic events such as the duration, initiation or peak of the
phytoplankton growing season. These events can be calculated using relative meth-
ods of analysis of the field of chlorophyll (as opposed to methods based on absolute
chlorophyll concentration). Such a relative approach has been implemented in the
present study and allowed to compare information from both CZCS and SeaWiFS.
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1.2.2 Development of ecological indicators from ocean-colour
remote sensing
Ecological indicators have been developed to provide systematic, economical and
objective metrics of the state of the ecosystems. Indicators aim to detect temporal
(seasonal to decadal) as well as spatial (local to global) changes in ecosystems. Indi-
cators must therefore be comparable between years and sites. Given the frequency
and spatial resolution of ocean colour remote sensing data, they provide an excel-
lent basis for the development and implementation of ecological indicators. Platt
and Sathyendranath (2008) set out the rational and approach to the development of
pelagic ecological indicators. The authors described 14 ecological indicators that can
be retrieved from ocean colour remote sensing (Table 1.2). The first four characterise
the phytoplankton growing season with respect to its amplitude, time of initiation,
time of maximum and duration. The next four describe production and losses of
organic matter by phytoplankton, either on an annual scale or integrated over the
duration of the growing season. The f-ratio is defined as new production/total pro-
duction (Eppley and Peterson, 1979; Laws et al., 2000), with new production being
to a first approximation the integrated production over the growing season. Spatial
variance in biomass and production fields are then considered. Qualitative aspects of
the phytoplankton community are pictured through the phytoplankton functional
types (PFTs) and size structure. Recent advances in the use of remotely-sensed
ocean colour data now allow global mapping of some of the PFTs, including diatoms,
Coccolithophores, Phaeocystis, Haptophytes, Prochlorococcus and Synechococcus-like
cyanobacteria (Brown and Yoder, 1994; Sathyendranath et al., 2004; Alvain et al.,
2005; Uitz et al., 2006; Aiken et al., 2007). Finally, combining ecological indicators
with ocean biogeochemical characteristics is possible with the partitioning the ocean
into biogeographic provinces, as proposed by Longhurst (1998); Devred et al. (2007).
Amongst the indicators mentioned above, some have been investigated for more
than two decades, such as the annual phytoplankton production (Platt and Sathyen-
dranath, 1988; Sathyendranath et al., 1989; Antoine et al., 1996; Behrenfeld and
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Falkowski, 1997; Me´lin, 2003), while others such as community losses (Zhai et al.,
2008) or timing of pelagic events (Siegel et al., 2002; Platt et al., 2003; Henson et al.,
2006) have been applied only recently to ocean colour remote sensing data.
1.2.3 Phytoplankton phenology
Definition
Phenology is derived from the Greek phaino meaning to appear, to come into view.
Hence, phenology relates to the study of the timing of periodic biological events
as influenced by the environment (Schwartz, 2003). The seasonal development of
phytoplankton population is defined as the phytoplankton growing season. Events
of particularly rapid production and accumulation of phytoplankton biomass are
described as phytoplankton blooms (Cloern, 1996). The timing of phytoplankton
development is strongly related to environmental conditions, such as day length,
temperature, the timing of spring/fall stratification/de-stratification or the timing
of ice break-up. Thus, phytoplankton phenology provides a pertinent tool to the
analysis of long-term trends.
Detection and calculation
Phenologically important phases of the phytoplankton growing season include: (1)
the time of initiation bi; (2) the time of maximum amplitude bt; (3) the time of end be;
and (4) the duration bd. Most studies of phytoplankton phenological characteristics
have focused on the retrieval of bi and bt. The latter because it is readily identified,
and the former for its predictive value of differing biological responses. Two distinct
approaches have been implemented to the identification of bi: either the timing
of changes in the physical conditions is estimated and then bi is retrieved (Platt
et al., 1991; Nelson and Smith Jr., 1991; Obata and Ishizaka, 1996; Follows and
Dutkiewicz, 2002); or bi is estimated directly from the seasonal signal of chlorophyll
and coherence with the changes in physical conditions is then examined (Siegel
et al., 2002; Henson et al., 2006; Platt et al., 2009a). Only the second approach
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remains independent of the physical variables, permitting investigation of changes
in phytoplankton phenology in relation to the physical environment.
Several different methods have been developed to estimate bi from in-situ and
remotely-sensed observations of chlorophyll concentration in marine or freshwater
ecosystems. The choice of method depended essentially on the shape of the phyto-
plankton growing season (exponential or not) and the sampling frequency. Conven-
tionally, the methods involve: (1) estimating the inflexion points (Rolinski et al.,
2007; Wiltshire et al., 2008); (2) fitting a density function such as the Weibull or
Gaussian distribution (Platt et al., 2003; Rolinski et al., 2007; Platt et al., 2009b);
(3) defining a fixed or relative threshold chlorophyll level (Siegel et al., 2002; Fleming
and Kaitala, 2006; Henson et al., 2006; Platt et al., 2009b). The relative threshold
method is particularly suitable for work on a global scale because it encompasses the
large variability of shapes in the phytoplankton growing season. Using interannual
remotely-sensed chlorophyll data, Siegel et al. (2002) proposed the median chloro-
phyll plus 5% as a suitable relative threshold for the NA. The authors found little
quantitative differences in bi when using thresholds ranging from 1 to 30%. Henson
et al. (2006) applied this same median plus 5% threshold in the Irminger Basin.
She demonstrated basin-scale coherence in bi and the timing of mixed layer strati-
fication. After fitting a shifted-Gaussian curve to the chlorophyll data, Platt et al.
(2009b) defined a relative threshold for initiation as the time when the amplitude
of the fitted curve reached 20% of the maximum amplitude of the Gaussian.
In the present study, the relative threshold of Siegel et al. (2002) (i.e. median plus
5%) was selected because of its pertinence on global scale, its direct applicability to
remotely-sensed chlorophyll data, and because it had been successfully implemented
in other studies (Henson et al., 2006, 2009). The end of the growing season is
estimated using the same threshold as the initiation. The duration of the growing
season is simply calculated as the difference between initiation and end.
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1.3 Observed biological responses to the changes
Phytoplankton play a major role in pelagic ecosystems because they are at the base
of the food chain. Coherence in the timing of larval release and phytoplankton pop-
ulation development is critical to the survival and year-class strength of zooplankton
and fish populations (Cushing, 1990; Platt et al., 2003; Koeller et al., 2009). Phyto-
plankton are also extremely important in the oceanic carbon cycle. They consume
CO2 by photosynthesis and export carbon to the deep ocean, thus regulating the
oceanic uptake of CO2 on long time-scales. Hence, changes in abundance, timing and
composition of the phytoplankton will have a critical impact on pelagic community
structure and composition as well as on ocean biogeochemistry.
1.3.1 Observed changes in phenology
Numerous terrestrial studies have treated the phenological importance and more
recently of the phenological shifts, in the life cycles of plants, birds, insects, amphib-
ians, fish and mammals (see Hughes (2000) and Parmesan and Yohe (2003) for a
review). Hence, on land, phenology is not a particularly recent field of study, being
probably as old as civilisation itself (Schwartz, 2003). In a recent assessment of the
biological response to climate warming, Parmesan and Yohe (2003) reported that
87% of the observed shifts in phenologies occurred in the direction expected from
climate change. Although changes in the length of land vegetation growing season
are well established (Hughes, 2000; Parmesan and Yohe, 2003; Menzel et al., 2006)
and have now reached the interpretation stage (Steltzer and Post, 2009), global scale
marine phytoplankton growing season remains to be characterised.
The critical importance of the timing of the onset of phytoplankton spring bloom
for larval and fish recruitment was suggested almost 100 years ago (Hjort, 1914) and
further characterised with the match/mismatch hypothesis of Cushing (1975). Yet
the validation of this hypothesis (Platt et al., 2003) had to wait for advances in
remote-sensing technologies and the availability of high spatial and temporal resolu-
tion of chlorophyll measurements. Egg development and larval release are dependent
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on water temperature. Hence, some zooplankton and fish species have significantly
advanced their seasonal cycles in response to climate warming in the NA (Edwards
and Richardson, 2004). However, in this region, the seasonal development of phy-
toplankton is triggered by the increase in insolation rather than changes in temper-
ature (Sverdrup, 1953; Platt et al., 2009a), leading to decoupling of phenological
relationships between phytoplankton and larvae.
Analysis of large-scale, decadal and long-term variability in phytoplankton phe-
nology in relation to environmental conditions has been only recently possible. In
the NA, the latitudinal progression of the spring bloom follows the increase in in-
solation and extends over almost five months, from an initiation in January in the
subtropics to May in the subpolar region (Siegel et al., 2002). Interannual variability
in the timing of initiation of the spring bloom in the Irminger Basin was shown to be
related to the preceding winter’s mean wind speed and net heat flux (Henson et al.,
2006). Decadal (from remote-sensing) and long-term (from model) estimations of
the timing of initiation show no particular trends toward earlier or delayed bloom
in the NA (Henson et al., 2009). However, the particularly strong periodicity in the
bloom timing in the subpolar region correlates positively with the NAO index.
1.3.2 Role of biology in the oceanic carbon cycle
The oceans absorb one quarter of the CO2 emitted into the atmosphere by human
activities every year (Canadell et al., 2007). Understanding the factors affecting the
variability of the ocean carbon cycle is therefore particularly important to assess
possible changes in its efficiency as a natural carbon sink.
The oceanic carbon cycle
The global ocean contains approximately 50 times more CO2 compared with the
atmosphere (Raven and Falkowski, 2002). Air-sea exchange of CO2 occurs through
molecular diffusion in the direction of the difference between the CO2 gas partial
pressure (pCO2) in the oceans and the atmosphere. CO2 solubility decreases with
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increasing temperature. Hence, in equatorial regions, upwelling of cold deep waters
to the surface result in CO2 being outgassed from the ocean to the atmosphere.
The equatorial regions act as a net source of CO2 (Le Que´re´ and Metzl, 2004).
Low-latitude warm surface waters are then transported by ocean currents towards
mid- and high-latitudes, where they cool. The formation of deep-water occurs at
high-latitudes where waters are cooler and CO2 solubility is higher. Thus, the high-
latitudes act as particularly strong net sink of CO2 (Le Que´re´ and Metzl, 2004).
As the deep ocean is mainly filled with high latitude waters, the deep ocean carbon
concentration is then on average higher than the surface concentration because of
the cool surface temperatures at high latitudes. The enhanced deep ocean carbon
concentration resulting from this process is called the solubility pump.
In the sunlit surface layer of the oceans, phytoplankton cells fix dissolved CO2 by
photosynthesis, to produce organic matter. This is known as the primary production
(PP). A number of processes contribute to the remineralisation of organic matter:
(1) phytoplankton maintenance and dark respiration; (2) phytoplankton excretion;
(3) zooplankton grazing; and (4) bacterial degradation. Hence, dead phytoplankton
cells or fragments of tissue can either be recycled or sink through the water column in
particulate form. The downward flux of particulate organic carbon (POC) is called
the export production. The organic carbon exported to the deep-waters becomes
isolated from the atmosphere for decades to centuries, until the deep-waters are
transported back to the surface by mixing, currents and upwelling. The enhanced
deep ocean carbon concentration resulting from the downward export and upward
transport of organic matter is called the biological pump.
Under normal conditions of temperature and alkalinity, the dissolution of CO2 in
seawater decreases carbonate (CO3
2−) ion concentration and increases bicarbonate
(HCO3
−) ion concentration according to the reaction:




Some species of phytoplankton such as the coccolithophores and foraminiferans pro-
duce calcium carbonate (CaCO3) tests. The downward export of these cells removes
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carbonate ions from the surface waters and drives the equilibrium of the reaction 1.1
toward the left, increasing surface CO2 concentration. This process partly counters
the effects of the biological pump and is known as the carbonate pump.
Characterisation of export production
Net community production (NCP) is the difference between PP and community res-
piration (i.e. described in section 1.3.2 as the remineralisation processes). NCP rep-
resents the potential of the plankton community for organic carbon export (Williams,
2000). The term potential is employed because the effects of advection and mixing
might transport away part of NCP and modify the net export production in one
site. Although the first estimations of PP from ocean colour remote-sensing were
obtained three decades ago (Platt and Sathyendranath, 1988) and have been thor-
oughly investigated ever since, knowledge about the rates of community respiration
(R) and NCP is still relatively limited (del Giorgio and Duarte, 2002; Robinson
and Williams, 2005; Robinson, 2008). In-situ measurements of R and NCP have in-
creased over the last two decades (see Robinson and Williams (2005) for a review).
Unfortunately, empirical relationships between PP and R are not straightforward
(del Giorgio et al., 1997; Williams, 1998; Duarte and Augusti, 1998), and the nature
of the trophic balance of the global ocean remains difficult to assess (Williams et al.,
1999; del Giorgio and Duarte, 2002).
Preliminary estimates of export using sediment traps (Eppley and Peterson,
1979) have suggested an explicit link between the rates of new production (i.e. the
fraction of PP supported by “new” inputs of nutrients and not by recycled nutri-
ents) and the flux of particles out of the surface layer. In the 1980s, the Joint
Global Ocean Flux Study (JGOFS) was launched with the specific aim to advance
understanding and estimation of export flux throughout the global ocean (Bues-
seler, 2001). In-situ measurements of export flux can be determined using a range
of methods (Berelson, 2001) including: (1) 14C estimation of POC produced during
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PP; (2) Thorium isotope budgets of POC export from the surface to the few hun-
dreds metres of the water-column; (3) sediment traps that collect the rain of POC
at different depths; and (4) estimation of sea-floor remineralisation rates. Trap col-
lection biases have been reduced recently with the conception of neutrally buoyant
sediment traps (Buesseler et al., 2007) as opposed to the previously “fixed” traps
(i.e. tethered to surface flotation). The Underwater Video Profiler is amongst the
newest technology developed to sample particle-size distributions along the water-
column (Gorsky et al., 2000). The particularly large sampling effort carried out over
the last three decades has highlighted the large spatial and temporal variability in
export flux and unravelled the unprecedented complexity of the functioning of the
biological pump.
Basin-scale or global estimates of export production can only be achieved by: (1)
extrapolation of in-situ carbon flux measurements from sediment traps (using Martin
et al. (1987) power function to describe the decrease in vertical flux with depth);
(2) model studies that simulate the rates of new production and then estimates
export flux (Laws et al., 2000); and (3) model studies based on inverse methods of
calculation to retrieve export flux from observed changes in ocean biogeochemical
tracers such as nutrients, oxygen or dissolved inorganic carbon (Schlitzer, 2002).
Global export production estimated from these methods ranges between 3 and 20
PgC yr−1 (see Najjar et al. (2007) for a review). Such variability occurs because the
biological processes responsible for export production are not yet fully resolved or
quantified.
Variability in biological export production
The strength and efficiency of the biological pump depends on the PFTs present in
surface waters. Diatoms appear as the major contributors to carbon export (Bopp
et al., 2005) because they form particularly intense blooms that aggregate into large
particles. The opal content of their shells act as a mineral ballast, increasing their
sinking speed through the water column (Klaas and Archer, 2002). Coccolithophores
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also form large blooms in the NA (Brown and Yoder, 1994). The calcium carbonate
making up their shells is denser than opal and therefore, coccolithophores contri-
bution to export production is high (Klaas and Archer, 2002). Picophytoplankton
aggregate into smaller particles (Guidi et al., 2009), which sink more slowly and are
more likely to be remineralised. Thus, smaller phytoplankton tend to be associated
with low export production.
1.4 Aims of the thesis
This study seeks to assess the influence of climate on the spatial and temporal
variability of phytoplankton phenology at the global scale.
The specific aims of this thesis are:
 To determine the spatial and interannual variability of phytoplankton phenol-
ogy at the global scale.
 To assess the control by environmental conditions on phytoplankton phenology.
 To investigate the relationship between large-scale patterns of climate vari-
ability and variations in phytoplankton phenology.
 To explore the links between phytoplankton phenology and export production.
 To evaluate the decadal variation in phytoplankton growing season and esti-
mate its impact on the oceanic carbon cycle.
 To calculate plankton community respiration and net community production
using Sverdrup’s critical depth model at a global scale.
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Table 1.1: Comparison of the spectral bands used for ocean-colour applications for













Table 1.2: Ecological indicators proposed by Platt and Sathyendranath (2008) for
the pelagic ocean. Indicators have been developped from ocean-colour remote-
sensing.
Indicator Label Dimensions
Initiation of growing season bi [T]
Timing of maximum amplitude bt [T]
Duration of growing season bd [T]
Amplitude of growing season ba [M L
−3]
Total production in growing season bp [M L
−2]
Annual phytoplankton production Py [M L
−2]
Generalised phytoplankton loss rate L [M L−3 T−1]
Integrated phytoplankton loss LT [M L
−3]
Annual-scale f-ratio f Dimensionless
Spatial variance in biomass field σ2B [M L
−6]
Spatial variance in production field σ2P [M L
−4]
Phytoplankton functional types NA NA
Phytoplankton size structure s Dimensionless
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2.1 Abstract
Ecological indicators have received much attention in recent years as systematic
tools to monitor the state of the pelagic ecosystem and detect changes triggered
by perturbation of the environmental conditions. Here we describe the phenology
of phytoplankton growing season for the world ocean using remote-sensing ocean
colour data, and analyse its variability between 1998 and 2007. The tropics and
subtropics present generally longer duration (≈ 15-20 weeks) and lower amplitude
(< 0.5 mg Chl m−3), while the high-latitudes show shorter duration (< 10 weeks)
and higher amplitude (up to 7 mg Chl m−3). Correlation analyses suggest a close
coupling between the development of the growing season and the seasonal increase
in insolation in the North Atlantic and Southern Ocean. In the tropics and subtrop-
ics, light is rarely limiting and the growing season is controlled by nutrient supply
occurring when mixing increases and surface waters are cooling. Over the decade
1998-2008, the duration of growing season shows large interannual variability of up
to ± 10 weeks. Globally, positive anomalies follow the major 1997-98 El Nin˜o-La
Nin˜a events and persist until 2001. As a result, negative linear trends in duration
(− 10 % yr−1 on average) are observed over a large fraction of the ocean. Positive
phases of climate indices such as the North Atlantic Oscillation and the Southern
Annular Mode, associated with enhanced water mixing and nutrients supply, gen-
erally sustain longer growing season.
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2.2 Introduction
Diversity in the pelagic ecosystem is driven by the variability of physical conditions
over the global ocean. At the base of the food chain, autotrophic phytoplankton
require light and nutrients to grow. Supply of essential nutrients to the illuminated
zone is modulated by changes in the depth of the mixed layer. Large seasonal changes
in the depth of the mixed layer occur at mid and high latitudes. In autumn and
winter, the mixed layer deepens, allowing transfer of nutrients from the rich deep
water and subsequent replenishment of the mixed layer. In spring and summer, the
mixed layer shallows, allowing phytoplankton cells to receive sufficient light for net
positive growth. In the tropics, light is rarely a limiting factor. However, permanent
stratification of the mixed layer limits nutrient supply and phytoplankton growth.
In the global ocean, phytoplankton growth conditions are controlled by regional
and seasonal changes in physical forcings (such as sea-surface temperature, winds
storminess, cloud cover and precipitations), which are in turn forced by climatic
patterns. Extratropical, large-scale climate patterns are characterised by indices of
climatic modes such as the North Atlantic Oscillation (NAO) and Southern Annular
Mode (SAM). Properties of the pelagic ecosystem are affected by the variability of
such climatic modes, through changes in grazer abundance and community com-
position (Beaugrand and Reid, 2003), integrated primary production (Bates, 2001),
and phytoplankton community composition (Lomas and Bates, 2004; Leterme et al.,
2005).
To allow regional and interannual comparison of the effect of changes in physical
forcing or climatic modes on the pelagic ecosystem, ecological indices have been
developed. Ecological indices are quantitative metrics of the pelagic ecosystem in-
troduced as objective alternatives to more subjective concepts such as ecosystem
health, vigour and resilience (Platt and Sathyendranath, 2008). The indices must
therefore be comparable between years and sites because of the large spatial and
temporal variability in the annual phytoplankton growing season. One systematic
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approach to characterise the phytoplanktonic ecosystem is to quantify the phenol-
ogy of phytoplankton growing season. Phenology is defined as the study of seasonal
timing of phytoplankton growth events. For pelagic ecosystem, the seasonal tim-
ing of phytoplankon growth can be critical to survival and recruitment of fish and
invertebrate populations (Platt et al., 2003; Koeller et al., 2009).
Phytoplankton growth can be approximated at a global scale from remotely
sensed changes in chlorophyll concentrations (biomass). The annual phytoplankton
growing season corresponds to more or less rapid and intense changes in biomass,
where the most rapid and intense increase in biomass were defined as bloom (Sver-
drup, 1953; Cushing, 1959; Yoder et al., 1993).
In the present study, a decade of remote-sensing ocean colour data from 1998
to 2007 are used to: (1) describe the regional and interannual variability in the
phenology of phytoplankton growing season for the global ocean; (2) explore the
relationships between the phenology of growing season and the changes in climate
and physical conditions.
2.3 Data and methods
2.3.1 The remotely-sensed data
Satellite measurements of sea-surface concentrations of chlorophyll-a (Chla) and
photosynthetically active radiation (PAR) are made by sensing the ocean-leaving
radiation in the visible part of the electromagnetic spectrum, while the sea-surface
temperature (SST) measurement are made in the infra-red part of the spectrum.
The Sea-viewing Wide Field-of-view Sensor (SeaWiFS) weekly level 3 data of
Chla and PAR with a global area coverage at 9 km resolution were retrieved from
http://oceancolor.gsfc.nasa.gov/ for the period 1998-2007. A fortran programming
code was written to read all the input files in HDF format and to write a unique
output file in NetCDF format. To estimate the timing of various ecological events,
gaps were eliminated from the time series using the Ferret NOAA PMEL software as
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follows. Missing values were substituted by interpolating spatially-adjacent values
(from the 9 km grid), if these were not missing. Otherwise the value was not
filled. The remaining missing values were filled by interpolating temporally-adjacent
values, if these were not missing. Otherwise the value was not filled. A three-weeks
running mean was applied to remove small peaks in Chla. The data were then
averaged to one degree resolution.
NOAA Optimum Interpolation SST V2 weekly data products were downloaded
on a one-degree global grid from the National Oceanic-Atmospheric Administra-
tion/Office of Oceanic and Atmospheric Research/Earth System research Labora-
tory at http://www.cdc.noaa.gov/ for the period 1998-2007.
2.3.2 Ecological and physical indices
The ecological indices considered in this paper are summarised in Table 2.1. The
timings of initiation (bi) and end (be) of the phytoplankton growing season were
detected as the weeks when the chlorophyll concentration in a particular year rose
above the long-term median value plus 5% and later fell below this same threshold
(Siegel et al., 2002). The duration (bd) of the growing season is defined as the num-
ber of weeks between initiation and end. The present method of analysis captures
only the characteristics of the main phytoplankton growing season that is associated
with the timing (bt) and value (ba) of the maximum amplitude of the chlorophyll
signal. The method does not account for sub-surface chlorophyll maxima or sec-
ondary blooms. The chlorophyll integrated over the duration (bs) provides a useful
metric to compare different regions of the ocean that display similar durations of
growing season.
Physical indices were derived from the PAR and SST datasets. PAR and SST
values were retrieved at the times of initiation (li and ti) and end (le and te) of
the growing season in a particular year. The average PAR and SST indices were
calculated over the duration of the growing season (ld and td).
Interannual variability in the indices were highlighted by subtracting the 10-year
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mean from each annual estimate to show the annual anomalies.
2.3.3 Climate indices
The North Atlantic Oscillation (NAO) index was obtained from the NOAA Climate
Prediction Center at http://www.cpc.ncep.noaa.gov/data/teledoc/nao.shtml for the
period 1998-2007. The NAO index (Hurrell, 1995) describes basin scale patterns of
climate variability. Anomalies in the index are characterised by: (1) changes in the
intensity of the surface westerly winds across the North Atlantic towards Europe
and (2) shifts in atmospheric mass over the North Atlantic between high pressures
centred on the Azores and low pressures around Iceland. Winter (December-March)
NAO anomalies were computed by removing the 1998-2007 mean winter signal.
The Southern Annular Mode (SAM) was derived from Marshall (2003) reanaly-
sis available at http://www.nerc-bas.ac.uk/icd/gjma/sam.html. The SAM (Kidson,
1988) describes large-scale climate variability in the Southern Hemisphere. Anoma-
lies in the mode are characterised by: (1) north-south shifts in atmospheric mass
between the polar regions and the midlatitudes and (2) north-south oscillations in
the latitude of the midlatitude westerly winds. The amplitudes of the midlatitude
dynamics and climate patterns have been shown to be largest during the warm
season (Ciasto and Thompson, 2008). Hence, in the present study, austral summer
(December-March) SAM anomalies were computed by removing the 1998-2007 mean
warm season signal.
2.3.4 Statistical analyses
Spearman rank correlation analysis was performed over the 10-year time-series be-
tween anomalies of: (1) bi and li; (2) bi and ti; (3) bd and bi; (4) bd and be and (5)
bi and be. Autocorrelation between the time-series generates artificially high corre-
lation coefficients. The results are therefore used only to distinguish geographical
patterns of positive, negative or absence of correlations.
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The differences between means of anomalies of duration during positive and neg-
ative anomalies of SST or climate indices were analysed using Welch t-test. Unlike
the Student t-test that is based on a pooled variance estimate, the Welch t-test
allows to compare variables with unequal size and variance.
2.4 Results and discussion
2.4.1 Phenology of the phytoplankton growing season
Spatial patterns of the phenology of the phytoplankton growing season are illustrated
in Fig. 2.1 for the global ocean. Regional variability is observed in the timing, dura-
tion and amplitude of the growing season. Poleward of 30◦N and S the propagation
in the timing of initiation of the growing season follows the latitude-dependent pro-
gression in light intensity. In the tropics and subtropics (30◦S-30◦N), light supply is
usually not limiting and the latitudinal propagation is not observed. This pattern
is summarised in Table 2.2 and further evidenced in section 2.4.2 (Fig. 2.2). The
method of detection of the timing events is centred around the main peak of Chla
in a particular year. It allows detection of initiation and end times outside of that
particular year, when such cases occur. Thus, the “negative” initiation times found
in the tropics (Fig. 2.1) correspond to a growing season with a peak amplitude in
April (i.e. week 15) of the year n and an initiation in December (i.e. week −4) of
the year n - 1. Initiation, peak and end of the growing season succeed one another
in time with almost identical latitudinal propagation trends.
The phenological importance and variability in the timing of events is empha-
sised in the duration index where regional patterns of short and long growing seasons
can be discerned. Longer growing season between 15-20 weeks are found at low and
mid-latitudes, where the water column is permanently stratified (Sarmiento et al.,
2004). The duration decreases towards higher latitudes and becomes shorter than
10 weeks in the subpolar regions. In these regions, phytoplankton growth is mostly
limited by light availability and by the depth of the mixed layer. High-latitude
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short growing seasons display both the highest amplitude and highest average in-
tegrated chlorophyll concentration over the duration period with individual values
as high as 5-7 mg m−3 and 1-2 mg m−3 respectively. The phytoplankton growth
is extremely rapid and intense in these regions. Similar growth conditions are also
encountered in coastal and equatorial upwelling regions where nutrient-rich deep
waters are brought up to the surface and enhance extensive development of phyto-
plankton biomass. However, a short growing season is not always associated with
blooming conditions. The short growing seasons observed in some of the tropi-
cal and sub-tropical permanently stratified waters correspond to ultra oligotrophic
conditions where the seasonality is so low that no phytoplankton growth can be cal-
culated. Combined observations of duration and amplitude are essential to diagnose
the type of growth conditions occurring in a specific region of the global ocean.
2.4.2 Physical conditions determining the variability of phy-
toplankton growing season
Relation between regional changes in the physical environment and vari-
ability in the timing of growing season
Initiation of rapid phytoplankton growth, as described by Sverdrup (1953), is related
to the seasonal increase in insolation and the stratification of surface waters. This
hypothesis was established from observations of a station in the North Atlantic
(NA). However, the global ocean presents large variability in phytoplankton biomass
(Fig. 2.1), in associated ecosystem structure and in ambient conditions. How might
these variations control the growing season?
We investigate the regional variability in the relation between changes in physical
conditions and in timing of initiation of the growing season using global maps of
correlation between interannual anomalies of: (a) the timing of initiation and the
incident PAR flux at initiation and (b) the timing of initiation and the SST at
initiation (Fig. 2.2).
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In the NA and Southern Ocean (SO), strong positive correlations between tim-
ing of initiation and PAR are observed. In these regions, the development of the
growing season follows closely the seasonal increase in insolation. The weak corre-
lation with surface temperature is consistent with a recent stratification which did
not allow enough time for the surface water to warm significantly. Conventionally,
verification of Sverdrup’s critical conditions of stratification and surface irradiance
for phytoplankton bloom involved estimation of the timing of changes in the physical
conditions, and then retrieving the chlorophyll concentration (Platt et al., 1991; Nel-
son and Smith Jr., 1991; Obata and Ishizaka, 1996; Follows and Dutkiewicz, 2002).
Only recently in the NA, estimation of the timing of bloom initiation was performed
directly from changes in the seasonal signal of chlorophyll, and coherence with the
changes in physical conditions was then examined (Siegel et al., 2002; Henson et al.,
2006; Platt et al., 2009).
In the central North Pacific (NP) ocean, the initiation of the growing season
occurs on average in June, three months later than in the NA. The method employed
in the present study detects systematically the timing of maximum amplitude in the
seasonal surface chlorophyll signal, and subsequently the related timings of initiation
and end. Considerable interannual variability in the phytoplankton seasonal cycle
has been reported in the central NP (Ondrusek et al., 1991; Karl et al., 2001; Pen˜a
and Varela, 2007) and is also observed in the present time series with chlorophyll
maxima detected from early spring to late summer. In this region, seasonal cycles in
surface and deeper living phytoplankton species develop independently and possible
perturbations of vertical structure make the seasonal cycles in biomass difficult to
establish (Venrick, 1993; Campbell et al., 1997). Pulses in surface chlorophyll might
also be triggered following episodic falls of volcanic dust (Banse and English, 1999).
Thus, the estimated timing of initiation in the central NP does not appear to be
positively related to incident light supply as it is clearly the case in the NA and in
the regions surrounding the central NP (Fig. 2.2). The strong positive correlations
shown between the timing of initiation and the SST indicate that surface waters
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have warmed subsequent to stratification.
The negative correlations observed at mid-latitudes between the timing of initi-
ation and the incident PAR flux imply that in these regions, the highest clorophyll
values are observed in winter. The cooling of surface waters (negative correlations
with SST) increase vertical mixing and nutrient supply in winter, which may en-
hance phytoplankton growth. However, it is recognised that in these regions, pho-
toacclimation in response to lower light level imposed by deeper mixing is the most
probable cause of chlorophyll enhancement (McClain et al., 2004).
Low-latitude oligotrophic regions are characterised by low or non-existent sea-
sonality of phytoplankton biomass, permanent surface water stratification and suf-
ficient light supply (Sarmiento et al., 2004). Changes in incident PAR and SST are
therefore only weakly related with the estimated timing of initiation.
The conditions leading to the end of the growing season depend on complex
factors including not only physical changes in the environment (such as reduction
of insolation, water column destratification, intensity and frequency of storms) but
also surface macro- and micronutrient depletion and grazing pressure from higher
trophic levels. Global estimations of surface nutrient and grazer concentrations with
sufficient spatial coverage are available as climatologies only (Levitus, 1982; Levitus
et al., 1993; Buitenhuis et al., 2006). As a result, interannual correlation analyses
could not be performed.
Timing influence on the duration of the growing season
Considerable regional and interannual variability occurs in the timing of initiation
and end, but is this reflected in the duration of the growing season? Does an early
start or late end result in a long duration and vice versa? Fig. 2.3 presents global
maps of correlation between interannual anomalies of: (a) the timing of initiation
and the duration of the growing season and (b) the timing of end and the duration of
the growing season. A global observation reveals that the later the start, the shorter
the growing season (negative correlation, Fig. 2.3a) and the later the end the longer
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the growing season (positive correlation, Fig. 2.3b). Thus both the anomalies in
intiation and end influence the duration.
The timing of initiation is generally positively correlated with the timing of end
(Fig. 2.3c), except in the NA and most of the SO, where the duration appears
to be strongly limited by the conditions occurring at the end of the growing sea-
son. Amongst the previously-stated factors leading to termination of phytoplankton
growth, a combination of surface nitrate and silicate-depletion with increasing graz-
ing pressure is likely to determine the ending of the NA spring bloom (Barlow et al.,
1993; Gregg et al., 2003; Moore et al., 2004). The SO is part of the high-nutrient-
low-chlorophyll (HNLC) regions; iron availability is likely to be the controlling factor
in this region. Effect of iron-limitation on HNLC pelagic ecosystems has been ex-
tensively investigated using biogeochemical models (Gregg et al., 2003; Aumont and
Bopp, 2006; Moore and Doney, 2007) and mesoscale in-situ iron fertilisation experi-
ments (de Baar et al., 2005; Boyd et al., 2007; Moore et al., 2007). In the subtropical
gyres of the Southern Hemisphere, the duration of the growing season appears to be
regulated by both the timing of initiation and end, which indicates a close relation
with changes in physical conditions and vertical supply of nutrients (McClain et al.,
2004).
The regional differences observed in the timing response to SST anomalies (Fig.
2.2) and in the duration response to timing anomalies (Fig. 2.3), suggest a mecha-
nistic connection between anomalies of duration and changes in the environmental
conditions. In the next section, we seek to understand the effect of interannual vari-
ability in physical variables and their climate proxies, such as SST anomalies or the
NAO and SAM indices, on the duration of the growing season.
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2.4.3 Interannual variability in the duration of phytoplank-
ton growing season
A decade of anomalies
On a global scale, maximum duration anomalies were associated with a major El
Nin˜o event in 1997 followed by La Nin˜a in 1998 (Fig. 2.4). Positive anomalies have
persisted until 2001. From 2003 onwards, the duration was shorter than average.
The largest variations in duration anomalies are observed in the central Pacific
and Indian Ocean, with extremes reaching ± 10 weeks or more. In low productivity
regions, large variations in duration of growing season do not necessarily reflect
large variations in biomass. The variations in duration are interpreted as follows:
(1) in years of positive anomalies, phytoplankton biomass is not null and apparently
long growing seasons are estimated as a consequence of the very low seasonality
encountered in the region; (2) in years of negative anomalies, phytoplankton biomass
remains in general extremely low and very short pulses of phytoplankton growth of
two to three weeks are detected. In 1998, the cold La Nin˜a conditions supported an
intense upwelling of limiting nutrients. The subsequent enhancement in biological
productivity (Boyd et al., 1998; Chavez et al., 1999) resulted in a longer growing
season, which appears as a strong positive anomaly.
The NA shows strong positive anomalies between 5-10 weeks at the beginning
of the time series from 1998 to 2000 and similarly strong negative anomalies at the
end of the time series from 2005 to 2007. A tripole pattern is observed in the basin
in years 1997, 2005 and 2006 with two zonal bands of positive (negative) anoma-
lies between 0-25◦N and 35-60◦N separated by a zonal band of negative (positive)
anomalies between 25-35◦N. This tripole pattern is reported in the interaction be-
tween the NAO and the SST (Cayan, 1992; Czaja and Frankignoul, 2002).
The SO presents less distinct patterns of anomalies. In 1998 and 1999, anomalies
are positive and range between 5-10 weeks. In 2000, anomalies tend to be negative
in the Pacific part of the SO, while they are positive in the Atlantic and Indian parts
of the SO. The 30-45◦S zonal band displays clearer patterns of positive and negative
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anomalies in 2002 and 2006 and in 2004 and 2005 respectively.
Statistically significant trends (P < 0.05) in the duration anomalies, computed
as the slope of the linear regression (in % yr−1) for 10-years of data, are presented in
Fig. 2.5. The observed trends in duration match closely with the trends in chloro-
phyll signal reported by Vantrepotte and Me´lin (2009) for the same period. Globally,
negative trends are dominant. A decrease in the duration of the growing season is
observed in parts of the Pacific tropical gyres, the northern tropical Atlantic, the
southern part of the South Atlantic gyre, the southern Indian Ocean gyre. Negative
trends are also shown in the eastern subarctic Pacific, the eastern NA, as well as
the SO 50-60◦S band. Significant increase in the duration of the growing season is
observed in the northern part of the South Atlantic gyre, the Greenland Sea, the
northern Indian Ocean, in coastal and offshore areas of the Pacific side of North and
South America and in the SO 35-45◦S band on the eastern and western side of New
Zealand. The marked influence of the major 1997/1998 El Nin˜o/La Nin˜a event
on prevailing global negative trends might not correspond to the long-term trends
(Yoder and Kennelly, 2003).
Regional patterns in anomalies of SST and duration of growing season
The relationship between temperature and duration of the growing season is explored
by calculating the difference between means of anomalies of duration during posi-
tive and negative anomalies of SST averaged over the growing season: (SST+ minus
SST−). SST+ denotes the mean of anomalies of duration for the years when anoma-
lies of the average SST index were positive. SST− denotes the mean of anomalies
of duration for the years when anomalies of the average SST index were negative.
Two distinct regimes of temperature and duration dynamics are captured be-
tween the high-latitude high-production regions and the low- and midlatitudes low-
production regions (Fig. 2.6, Fig. 2.7). In the latter, and especially in the tropical
and subtropical Pacific, when the duration is very short (negative anomalies), the
SST index is higher than average. Higher SST suggests complete stratification, only
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allowing extremely low and short pulses of biomass. At high latitudes, in the Bear-
ing Sea, the NA and most of the SO, when the growing season is longer (positive
anomalies), the SST index is higher than average. The SST anomalies are higher
because the duration of the growing season extends into the summer, when surface
waters are more stratified and have warmed. Fig. 2.3 shows that the conditions in
the surface waters at the end of the growing season appeared to have the strongest
influence on the duration. Accounting for the large regional variability in environ-
mental conditions, the following alternative scenarios are suggested to explain the
longer duration/higher SST dynamic: (1) strong winter mixing and large nutrient
supply allow higher amplitude of biomass, which takes longer to decrease for a given
loss rate; (2) strong mixing and large nutrient supply are followed by early surface
water stratification at the onset of the growing season. Large nutrient supply and
early stratification allow for rapid development of phytoplankton biomass followed
immediately by rapid development of grazers, which “regulate” the phytoplankton
population to a relatively low concentration, that persists as a result of the reduced
demand for the available nutrients; (3) relatively strong and persistent water strat-
ification over the duration of the growing season reduces the availability of limiting
nutrients such as silicate. As a result, large phytoplankton species (i.e. diatoms)
develop for a shorter period of time, leaving more macronutrients in the surface
waters, which is then followed by the development of smaller phytoplankton species
for a longer period of time. The SST index alone lacks information to identify the
regional and interannual variability in the underlying mechanisms leading to longer
growing season.
Regional patterns in anomalies of climate indices and duration of the
growing season
Part of the physical and associated biogeochemical variability at middle and high
latitudes is driven by large-scale low frequency variability in ocean-atmosphere in-
teractions. The natural variability in these interactions is dominated by patterns of
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climate variability represented notably in the NAO and SAM. The effect of large-
scale climate variability on the duration of the growing season is examined by calcu-
lating the difference between the means of anomalies of duration during the positive
and negative phases of the NAO and SAM.
In the NA, the NAO influence on SST is described as a horseshoe or tripole pat-
tern with the subpolar gyre (north of 55◦N) and the southern part of the subtropical
gyre (south of 25◦N) being positively correlated with the NAO. The western part
of the subtropical gyre (around 35◦N) appears negatively correlated with the NAO
while the eastern part shows weak correlation (Cayan, 1992; Williams, 2000; Czaja
and Frankignoul, 2002). Positive phases of the NAO are characterised by enhanced
heat loss, deep winter mixing, enhanced surface wind intensity, reduced SST over
the subpolar gyre and southern part of the subtropical gyre. The opposite effects
are encountered over the western part of the subtropical gyre. This tripole pattern
is partially observed in the duration anomalies (Fig. 2.8a). When the NAO index is
positive, the growing season is longer in the southern part of the subtropical gyre
and shorter in both the western part of the subtropical gyre and the northern part
of the subpolar gyre. The influence of the NAO is reported to be stronger in the
NA subtropics (Oschlies, 2001) and this may account for the mixed response in du-
ration anomalies observed north of 40◦N. The enhanced and deeper winter mixing
reported during higher NAO bring more nitrate to the surface waters of the south-
ern part of the subtropical gyre and permit the development of a longer growing
season (Fig. 2.8b). The shorter growing season observed in the western part of the
subtropical gyre coincides with reduced winter mixing and reduced nitrate supply
to the surface waters. In the Sargasso Sea, at the Bermuda Atlantic Time Series
(BATS) site, changes in the biogeochemical dynamics have been shown to correlate
with NAO variability (Bates, 2001; Oschlies, 2001; Bates and Hansell, 2004; Lo-
mas and Bates, 2004; Bates, 2007). Reduced integrated primary production (Bates,
2001) and enhanced diatom abundance in the phytoplankton community (Lomas
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and Bates, 2004) occur during high NAO. Thus, the reduced concentration of nu-
trients is rapidly consumed and depleted, leading to a short growing season. In the
Labrador Sea and Irminger Basin, where a short growing season is also observed in
high NAO, changes in the physical properties are also influenced by the variability
in sea-ice formation. During positive phase of NAO, enhanced net sea-ice produc-
tion injects more salt into the ocean (Hu et al., 2002), which deepens the mixed
layer depth and reduces water stratification. The latter conditions, combined with
stronger winds, have been shown to delay the initiation of phytoplankton growing
season, reduce chlorophyll maximum (Henson et al., 2006, 2009), and thus in the
present study, shorten the duration.
The effect of large-scale patterns of climate variability on the physical proper-
ties and biogeochemical dynamics has been less extensively documented in the SH
(Reynolds and Smith, 1994). Distinct and opposite SAM influences on the physical
properties are observed between the bands 30◦ to 45◦S and 50◦ to 65◦S (Hall and
Visbeck, 2002; Sen Gupta and England, 2006). Positive phases of the SAM are char-
acterised by enhanced westerly winds, enhanced heat loss, cooler SST, deeper mixed
layer depth, enhanced upwelling, enhanced sea-ice extension at latitudes southward
of 50◦S. The opposite characteristics are encountered at latitudes northward of
45◦S. The regional differences in duration anomalies only partially show the zon-
ally symmetric response reported in the physical properties (Fig. 2.9a). When the
SAM index is positive, zonally symmetric changes are observed from the east of the
Antarctic Peninsula to 100◦E with longer growing season in the south band (50-65◦S)
and shorter growing season in the north band (35-50◦S). The enhanced upwelling
and deeper mixed layer reported during high SAM in the south band enhance iron
and silicate supply to surface waters. The reduced micronutrient-limitation (Boyd,
2002) combined with the low algal growth rates recorded in polar waters (Boyd
et al., 2002) result in the development of a longer growing season (Fig. 2.9b). The
shorter growing season recorded in the north band coincides with reduced upwelling
and reduced supply of limiting nutrients. In the rest of the SO, during positive
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SAM phases, the growing season is longer and the north/south zonal symmetry is
not seen. The SAM index varies markedly on decadal timescales. Thus, the changes
in physical properties associated with ten years of SAM anomalies might be weak
in some parts of the SO and might not be the primary source of variability that
explains the observed anomalies in duration of growing season.
2.5 Conclusions
Large regional variability is observed in the phenology of the phytoplankton growing
season. The timings of initiation, peak and end of the growing season show a lati-
tudinal propagation from low- to high-latitudes in both hemispheres. The duration
of the growing season is longer in the tropics and subtropics (≈ 15-20 weeks) where
biomass remains low throughout the seasonal cycle. The duration shortens towards
the poles (< 10 weeks) where seasonality is clearly defined and biomass maxima are
high.
In the NA and SO, the timing of initiation follows closely the seasonal increase
in insolation. Over most of these regions, the duration appears to be limited by
the conditions occurring at the end of the growing season, which indicate nutrients-
depletion in surface waters. In the tropics and subtropics, light is rarely limiting
and initiation is triggered by increased nutrients supply supported by the deepening
of the mixed layer. The duration is controlled by both the timing of initiation and
end, which suggest a close relation with the availability of nutrients brought up by
mixing.
Large interannual variability in the duration of the growing season is observed
over the decade 1998-2007. Globally, maximum anomalies (+ 10 weeks) occur at
the beginning of the time series associated with a major El Nin˜o event in 1997
followed by La Nin˜a in 1998. Positive anomalies tend to persist until 2001, while
the data from 2003 onwards is dominated by negative anomalies. Significant negative
linear trends in duration (− 10 % yr−1 on average) are observed in the tropics and
subtropics, the eastern NA and the SO south of 50◦S. Regions showing a significant
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increase in duration (+ 8 % yr−1 on average) occupy a smaller fraction of the ocean
and include essentially the Greenland Sea and part of the SO 35-45◦S band. The
trends, estimated over the 1998-2007 period, are dominated largely by the major El
Nin˜o event that occured at the beginning of the time series, and therefore might not
reflect the long-term trend.
Higher SST over the duration of the growing season is associated with longer
duration at high-latitudes indicating an extension of the growing season over the
summer months. The opposite is observed at low- and mid-latitudes, where the
duration is shorter when higher SST indicate increased stratification.
Positive anomalies in the NAO and SAM climate indices are generally associated
with enhanced winter mixing and nutrients supply. These conditions tend to favour
the development of longer growing season.
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Table 2.1: Ecological and physical indices developed and adapted from Platt and
Sathyendranath (2008). Indices are derived from remotely-sensed radiances in the
visible (ocean colour) and infra-red (SST) spectra.
Index Label Units
Initiation of growing season bi week
Timing of maximum amplitude bt week
End of growing season be week
Duration of growing season bd weeks
Amplitude of growing season ba mg m
−3
Average integrated Chla over duration bs mg m
−3
PAR at initiation of growing season li mol photon m
−2 d−1
PAR at end of growing season le mol photon m
−2 d−1
Average PAR over duration ld mol photon m
−2 d−1
SST at initiation of growing season ti
◦C
SST at end of growing season te
◦C
Average SST over duration td
◦C
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Table 2.2: Zonal statistics of ecological and physical indices for the global ocean.
Ten years mean values of each index are estimated for each zonal band of latitudes.
(Top) Ecological indices include timing of initiation (bi), maximum amplitude (bt)
and end (be), duration (bd), amplitude (ba) and average integrated Chla over the
duration (bs) of the growing season. (Bottom) Physical indices include PAR and
SST values estimated at the time of initiation (li, ti) and end (le, te), and averaged
over the duration (ld, td) of the growing season.
Zone bi bt be bd ba bs





60-70N 16 20 25 10 2.2 1.2
50-60N 16 21 27 12 2.6 1.3
40-50N 15 22 28 14 1.1 0.6
30-40N 3 14 22 20 0.5 0.3
20-30N 20 28 35 16 0.3 0.2
10-20N 22 28 35 14 0.4 0.2
0-10N 16 23 30 15 0.4 0.3
0-10S 21 28 35 15 0.5 0.3
10-20S 21 29 37 17 0.2 0.2
20-30S 18 27 35 18 0.2 0.1
30-40S 21 31 39 19 0.3 0.2
40-50S 29 36 44 16 0.5 0.3
50-60S 34 41 47 14 0.5 0.3
60-70S 33 38 43 11 0.6 0.3
Zone li le ld ti te td








60-70N 27.9 30.8 32.6 3.4 4.6 3.8
50-60N 30.8 29.5 33.4 4.9 7.2 5.7
40-50N 27.0 32.2 31.4 10.3 11.4 10.6
30-40N 23.2 46.5 30.7 22.5 16.6 18.9
20-30N 35.5 46.0 37.3 26.2 23.3 24.7
10-20N 44.8 47.9 45.5 27.6 27.0 27.3
0-10N 43.4 46.5 45.5 28.4 27.8 28.1
0-10S 45.3 49.2 47.1 28.1 26.9 27.5
10-20S 41.5 49.8 44.0 26.9 25.2 26.0
20-30S 33.3 47.4 35.6 24.7 21.5 23.1
30-40S 25.9 46.7 32.6 19.3 16.0 17.4
40-50S 33.3 32.2 37.4 9.3 10.5 9.7
50-60S 28.1 29.9 34.5 2.8 3.8 3.1
60-70S 25.6 24.8 29.2 -0.9 -0.0 -0.6
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2.7 Figures
Figure 2.1: Characteristics of phytoplankton growing season. The spatial distri-
butions are averaged over 10 years of SeaWiFS data (1998 to 2007). Data were
smoothed with a running average of 8◦ in longitude and 5◦ in latitude. The right
panels show the data averaged longitudinally and smoothed latitudinally with a 5◦
running average.
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Figure 2.2: Global maps of temporal correlation between 10 years (1998 to 2007) of
anomalies of (a) timing of initiation bi and PAR at the time of initiation li, (b) timing
of initiation bi and SST at the time of initiation ti. Significant correlations at 95%
are indicated with red and blue contours. The correlation is positive (red) where
the timing of initiation follows the increase in (a) insolation or (b) temperature and
negative (blue) where the timing of initiation follows the decrease in (a) insolation
or (b) temperature. Data were smoothed with a running average of 8◦ in longitude
and 5◦ in latitude.
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Figure 2.3: Global maps of temporal correlation between 10 years (1998 to 2007)
of anomalies of (a) timing of initiation bi and duration of growing season bd, (b)
timing of end be and duration of growing season bd and (c) timing of initiation bi
and timing of end be. Significant correlations at 95% are indicated with red and
blue contours. In (a), the correlation is negative (blue) where the earlier (later)
the time of initiation, the longer (shorter) the duration of growing season. In (b),
the correlation is positive (red) where the earlier (later) the time of initiation, the
shorter (longer) the duration of growing season. Data were smoothed with a running
average of 8◦ in longitude and 5◦ in latitude.
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Figure 2.4: Decadal anomalies (1998 to 2007) in duration of phytoplankton growing
season (weeks). The anomalies were smoothed with a running average of 8◦ in
longitude and 5◦ in latitude.
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Figure 2.5: Slope of the linear regression for duration anomalies (in % yr−1) over 10
years of SeaWiFS data (1998 to 2007). Only statistically significant values (P< 0.05)
are presented.
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Figure 2.6: Difference between means of anomalies of duration during positive and
negative anomalies of SST averaged over the growing season. A decade (1998-2007)
of anomalies in duration of phytoplankton growing season (weeks) is considered.
When the averaged SST over the growing season is warmer: anomalies are positive
(red) where the duration is longer and negative (blue) where the the duration is
shorter. The anomalies were smoothed with a running average of 8◦ in longitude
and 5◦ in latitude.
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Figure 2.7: Time series from 1998 to 2007 of anomalies of duration (black line; in
weeks) and anomalies of averaged SST over the growing season (red line; in ◦C)
averaged between (a) 35◦N-65◦N, (b) 35◦S-35◦N, and (c) 65◦S-35◦S.
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Figure 2.8: Regional patterns in NAO and duration anomalies (1998-2007). (a) Map
of the difference between the means of anomalies of duration during the positive and
negative phases of the NAO in the North Atlantic. Black boxes represent the areas
selected in (b). During high NAO: anomalies are positive (red) where the duration
of growing season is longer and negative (blue) where the the duration of growing
season is shorter. The anomalies were smoothed with a running average of 8◦ in
longitude and 5◦ in latitude. (b) Time series of duration anomalies (in weeks)
averaged over the black box area in (a) (black line), the dashed box area in (a)
(dash line) and NAO anomalies (blue line).
2.7 Figures 64
Figure 2.9: Regional patterns in SAM and duration anomalies (1998-2007). (a) Map
of the difference between the means of anomalies of duration during the positive and
negative phases of the SAM in the Southern Ocean. Black boxes represent the areas
selected in (b). During high SAM: anomalies are positive (red) where the duration
of growing season is longer and negative (blue) where the the duration of growing
season is shorter . The anomalies were smoothed with a running average of 8◦
in longitude and 5◦ in latitude. (b) Time series of duration anomalies (in weeks)
averaged over the black box area in (a) (black line), the dashed box area in (a) (dash
line) and SAM anomalies (blue line).
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Chapter 3
Decadal change in phytoplankton




Phytoplankton fix carbon dioxide into organic matter in the surface layer of the
ocean. Organic matter aggregates and sinks, and thus creates a persistent ”export”
of carbon from the surface to the deep ocean, regulating, over long time scales, the
concentration of CO2 in the atmosphere. Using in situ observations, we show here
that the export of carbon can be related to the length of the phytoplankton growing
season, with largest export in regions where the growing season is shortest and
the blooms most intense. Using satellite observations, we estimate that, North of
45◦S, the phytoplankton growing season increased by 2.4 weeks on average, between
the periods 1979-1986 and 1998-2008. Longer growing seasons are associated with
increase in surface temperature on the same time scale. We infer from the data a
decrease in carbon export of ∼0.6 Pg C yr−1 (excluding the Southern Ocean) over
two decades. The implication is that the marine ecosystem has responded rapidly
to global change in such a way as to weaken a sink that we have relied on to help
mitigate the effect of increasing CO2 in the atmosphere.
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3.2 Introduction
Every year, the oceans absorb one quarter of the carbon dioxide (CO2) emitted to
the atmosphere by human activities, or an average of 2.2 Pg C yr−1 (Canadell et al.,
2007). This CO2 sink is part of a very active, natural carbon cycle, through which,
phytoplankton fix CO2 into organic matter in the surface layer of the ocean: it
helps to modulate the increase in atmospheric CO2 that results from the burning of
fossil fuels. Organic matter fixed at the surface may aggregate and sink, creating a
persistent ”export” of carbon of ∼11 Pg C yr−1 from the surface to the deep ocean
(Schlitzer, 2002). Eventually, carbon is remineralised at depth, and transported
back to the surface by ocean currents. The magnitude of the carbon export depends
on: (a) the biomass of phytoplankton, (b) the size of the phytoplankton cells, (c)
the depth of the mixed layer, (d) the presence of organic polymers that enhance
aggregation (Engel et al., 2004), (e) the presence of inorganic materials that act
as ballast (Klaas and Archer, 2002; Ploug et al., 2008), and (f) the packaging of
fecal pellets produced by large zooplankton. The intensities of these processes are
ultimately governed by the physical environment, and thus they are likely to be
affected by recent climate and other environmental changes. Over decadal time-
scales, ∼75% of the changes in carbon export are directly reflected in changes in
the oceanic CO2 sink (Giraud et al., 2008; Moore et al., 2006). Thus, even a small
change in biological export can cause a significant change in the oceanic CO2 sink.
Notwithstanding its importance, carbon export is difficult to estimate at the
global scale. In situ measurements from sediment traps are sparse over the world
ocean, and are rarely repeated at the same place. The only large-scale biological
observations of the ocean ecosystem that span more than two decades come from
remote sensing of chlorophyll-a. A range of ecological indicators can be derived
directly from remote sensing of chlorophyll-a, including phytoplankton biomass,
productivity, and growing season characteristics such as timing, amplitude, and
duration (Platt and Sathyendranath, 2008). Of these ecological indicators, only
the timing and duration of the phytoplankton growing season are relative indices
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that are independent of the satellite sensor type and hence can be pieced together
seamlessly using data from various satellite missions. A link between the export
of carbon and the phytoplankton phenology is expected because the aggregation
processes provide a mechanism for transporting material to the ocean interior that
is strongly dependent on the biomass (Burd and Jackson, 2009).
The aim of this chapter is to assess decadal change in phytoplankton phenology
and to evaluate its impact on the oceanic carbon cycle. To maintain a the logical flow
amongst the paragraphs in this chapter, details about the materials and methods
are described in Appendix 3.5.
3.3 Results and discussion
3.3.1 Duration of phytoplankton growing season
We defined the duration index as the number of weeks between the initiation and the
end of the phytoplankton growing season. The points are detected from a relative
chlorophyll threshold, allowing the comparison of duration estimates from different
satellite sensors regardless of their different chlorophyll-retrieval algorithms. We
compiled global maps of duration of phytoplankton growing season using climatolo-
gies of weekly fields of chlorophyll-a from the Coastal Zone Color Scanner (CZCS,
1979-1986) and from the Sea-viewing Wide Field-of-view Sensor (SeaWiFS, 1998-
2008) missions. To our knowledge, duration of the autotrophic growing season in the
ocean has not been analysed at the global scale before now. The spatial distributions
of duration of phytoplankton growing season calculated separately for both missions
show similar patterns (Fig. 3.1a,b). The longest growing seasons (17-21 weeks) occur
in subtropical and low temperate oligotrophic waters. The permanent stratification
of these waters results in an extremly low nutrient supply that sustains low surface
chlorophyll concentrations all year round (Sarmiento et al., 2004) (Fig. 3.2). Inter-
mediate growing seasons (11-17 weeks) are present in equatorial and low-latitude
upwelling regions, sustaining intermediate surface chlorophyll concentrations. The
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shortest growing seasons (5-10 weeks) are found typically in seasonally-stratified and
sub-polar waters, where upwelling or deep winter mixing brings large nutrient sup-
plies to the surface and spring restratification triggers intense phytoplankton blooms
(Sarmiento et al., 2004). The maximum chlorophyll concentrations in these waters
reach 1.5 mg Chl m−3 or more (Fig. 3.2). Thus, embedded in the duration index of
the phytoplankton growing season is a complex of various factors: the amplitude of
the surface chlorophyll concentration, the depth of the mixed layer and the surface
nutrient concentration.
3.3.2 Detection of decadal changes in duration
Decadal changes in duration of phytoplankton growing season were detected by
subtracting the results for the period 1998-2008 (SeaWiFS) from those for the period
1979-1986 (CZCS)(Fig. 3.3). Within the extent of data coverage, we report here a
significant global increase of 2.4 weeks (P < 0.001) in the duration of growing season
between the two time periods (Table 3.3 and Table 3.1). Large increases of more
than 3 weeks are observed on average in the Atlantic and Indian Oceans. The smaller
increase of 1.5 weeks on average in the Pacific Ocean is caused by a dipole pattern of
increasing (decreasing) duration of growing season in the western (eastern) Pacific.
Observations of changes in sea-surface temperature (SST) between the 1979-1986
and 1998-2008 periods show a global ocean warming of +0.2◦C, with the changes
varying regionally, including an East-West dipole in the Pacific (Fig. 3.4). Over more
than 70% of the global ocean, the spatial trends in the duration of growing season
are associated with the geographic differences in the trends of SST (Table 3.2).
The regional increases (decreases) in SST matched significantly with the regional
lengthening (shortening) of the phytoplankton growing season. The large regional
increase in SST modifies upper-ocean stratification, limiting the supply of nutrient
for phytoplankton growth. Similar results have been reported for the observed and
simulated increase in ocean stratification (Behrenfeld et al., 2006; Bopp et al., 2001,
2005), for the observed expansion of oligotrophic waters (Polovina et al., 2008)
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as well as for the simulated expansion of permanently-stratified biomes, which are
characterised by shallow mixing and more nutrient-depleted conditions in the surface
ocean (Sarmiento et al., 2004).
3.3.3 Relation to export production
To elucidate the relation between the duration index and the carbon export flux, we
used two different export estimates. The first export estimates were produced by
R. Schlitzer using an inverse modelling method (Schlitzer, 2002) based on a large
global dataset of hydrographic and biogeochemical properties, including dissolved
nutrients, oxygen, carbon and CFCs that contain latent information on the under-
lying processes. The inverse method estimates annual export fluxes of particulate
organic carbon (POC) at 100 m using an ocean biogeochemistry model that is fitted
systematically to the hydrographic dataset (Fig. 3.5a). The model-derived export
flux is independent of the satellite-based chlorophyll data. High export values asso-
ciated with eutrophic coastal systems were excluded from our analysis. We divided
the surface of the globe between 65◦N and 65◦S into 306 boxes of 10◦ latitude by 20◦
longitude. Export estimates and calculated bloom duration were averaged for each
box. A significant negative correlation (r = −0.69, P < 0.0025) was found between
averaged export values at 100 m and duration of growing season with a slope±1σ
of −0.062±0.022 mol C m−2 yr−1 per week (Fig. 3.6a).
To evaluate the robustness of the globally-derived linear equation, we developed
a series of sensitivity tests (Fig. 3.7). First, we assessed the robustness of the results
to the definition of duration of the growing season: (Cases S1 and S2) we increased
the relative chlorophyll threshold by 5 and 10% respectively. Then, we assessed
the robustness of the results with respect to the differences in the remote-sensing
data processing. We compared datasets processed by three different algorithms
and calibration methods: (Case S) SeaWiFS data, (Case C) CZCS data, (Cases Sa
and Ca) the “CZCS-type SeaWiFS” and “revised CZCS” produced by D. Antoine
(Antoine et al., 2005). The negative correlation between annual export production
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at 100 m and duration of growing season was sustained in all sensitivity tests and
the linear trends ranged from −0.032 to −0.069 mol C m−2 yr−1 per week.
The second export estimates are from annual POC export flux derived from 62
sediment-traps deployed at an averaged depth of 1,100 m in various locations of
the world ocean (Fig. 3.5b and Table 3.4). For each trap position, we retrieved the
corresponding box-averaged duration and found a significant negative correlation
(r = −0.83, P < 0.0005) between averaged trap export values and duration of grow-
ing season (Fig. 3.6b). The attenuation of the export flux with depth explains the
factor of five difference in the slope value (−0.013±0.005 mol C m−2 yr−1 per week)
found for the trap export flux at 1,100 m compared with the model-derived export
flux at 100 m.
3.3.4 Rationalisation of the relation between export and du-
ration
A relation between export production and duration of phytoplankton growing season
is observed because of the dynamics of particle aggregation and mixed-layer depth
(MLD) (de Boyer Monte´gut et al., 2004) (Fig. 3.8a,b). Regions with a short growing
season produce high phytoplankton biomass that is sustained by deep surface MLD
in winter and consequently high surface nutrient concentrations in spring. This large
concentration of phytoplankton biomass aggregates into flocs that sink rapidly below
the MLD. The export of organic material is further enhanced by the shallower MLD
present under these growth conditions, as it reduces remineralisation losses within
the mixed layer. In a region with a long growing season surface nutrients and
phytoplankton biomass remain low. Slow sinking of small, non-aggregated cells and
the deeper MLD present under these growth conditions favour remineralisation of
organic material within the mixed layer and reduce carbon export.
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3.3.5 Decadal changes in export production
Decadal changes in export production were estimated from the changes in the dura-
tion of the phytoplankton growing season and the linear relation between duration
and export. We infer a decrease in export production of −0.55±0.20 Pg C yr−1
at 100 m and −0.11±0.04 Pg C yr−1 at 1,100 m North of 45◦S from the global
lengthening in the duration of growing season by 2.4 weeks (Table 3.3). Regionally,
the Atlantic and Indian oceans show the largest decrease in export production with
−6.9±2.5% and −6.1±2.2% at 100 m and −13.0±5.1% and −11.4±4.5% at 1,100 m
respectively. The dipole pattern of increasing (decreasing) duration of growing sea-
son observed in the western (eastern) Pacific led to a smaller decrease in export
production of −2.9±1.0% at 100 m and −5.6±2.2% at 1,100 m. The uncertainties
in the decadal changes in export production of ±34% to ±39% are estimated from a
Maximum Likelihood analysis performed on the slope of the linear relation between
duration and export data (see Appendix 3.5 for details). Different sources and levels
of uncertainty can be identified from those data: (a) uncertainty associated with the
SeaWiFS ocean-colour data products is estimated to range between ±5% to ±35%,
although in extreme oligotrophic waters it may reach ±65% (Hu et al., 2001); (b)
largest uncertainty in modelled POC export at 100 m comes from the SO, where it
is estimated to be of ±21% (Schlitzer, 2002); (c) uncertainty associated with ana-
lytical errors of sediment trap data reaches up to ±6% in the literature (Klaas and
Archer, 2002), although this number does not account for uncertainty associated
with trapping efficiency, which may vary by a factor of three or more in shallow
traps (Buesseler, 1991). The uncertainties in the data will not reflect in uncertainty
in the trends if they are normally distributed and there are no bias. This is difficult
to evaluate. Some bias may be present in the SO where fewer observations are avail-
able to constrain the satellite algorithms and the modelled POC export. However
less than 22% of our data points originate from the Southern Ocean, and thus the
influence on the trend should be minimal. We estimate the changes in the oceanic
CO2 sink that are directly associated with the changes in carbon export over decadal
3.4 Conclusions 73
time-scales using an ocean biogeochemistry model (Giraud et al., 2008). Based on
the results of Giraud et al. (2008), a decrease in export of −0.55 Pg C yr−1 would
reduce the oceanic CO2 sink by −0.41 Pg C yr
−1 North of 45◦S.
3.3.6 Limitations
The present method of analysis accounts for the changes associated with the main
phytoplankton growing season, which develop around the highest surface chlorophyll
concentration of the year. The method does not allow detection of changes associated
with sub-surface chlorophyll maxima or secondary blooms. Our analysis is also
limited roughly to North of 45◦S as the CZCS data coverage in the Southern Ocean
is insufficient to estimate duration. Recent decadal increase in winds in the Southern
Ocean would suggest enhanced nutrient supply (Le Que´re´ et al., 2007), and thus a
different mechanism operating there.
3.4 Conclusions
Observations show a lengthening of the phytoplankton growing season over the last
two decades that is associated mainly with ocean warming and increased stratifica-
tion. Our analysis suggests that an increase in duration of the growing season North
of 45◦S leads to a reduction in carbon export, which has a direct effect on the global
CO2 sink over decadal time scales. In particular, it represents a reduction in the
role of the ocean as a damper on the increasing concentrations of CO2 as a result of
fossil fuel burning, and the associated enhanced greenhouse effect. As such, it is an
unanticipated or emergent effect of global warming on the planetary carbon cycle,
specifically on the status of the ocean as a sink for CO2 emitted to the atmosphere
by the activities of man.
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3.5 Appendix: Materials and Methods
3.5.1 Remote-sensing chlorophyll-a data
Sea-surface concentrations of chlorophyll-a (Chl a) were derived from level 3 data
at 9 km spatial resolution available at http://oceancolor.gsfc.nasa.gov/. Weekly
climatologies were constructed for the periods October 1978 to June 1986 (CZCS)
and September 1997 to June 2008 (SeaWiFS). The “revised CZCS” and “CZCS-
type SeaWiFS” Chl a processed daily at 9 km spatial resolution (Antoine et al.,
2005) by D. Antoine were retrieved directly from the author. Weekly climatologies
were constructed for the periods January 1979 to June 1986 and January 1998
to December 2002 respectively. A three-weeks running mean was applied to the
original data to remove small peaks in chlorophyll-a concentrations generated by
meteorological forcings.
When comparing the bloom durations estimated from the Chl a data of the two
satellites missions SeaWiFS and CZCS, we recognise difficulties such as differences
in the sensors, the temporal and spatial scale of observations, the calibration tech-
niques and the data processing algorithms (Gregg and Conkright, 2002; Antoine
et al., 2005). We therefore applied a relative method to estimate the duration of
the phytoplankton growing season. We checked the Chl a data from CZCS and
omitted the spatially-isolated pixels for which it was impossible to determine the
standard deviation with the surrounding pixels to ensure data homogeneity (i.e.
non-homogeneity in the data are potentially associated with errors in the atmo-
spheric correction). We compared our results to the re-processed Chl a data of D.
Antoine (Antoine et al., 2005), where the same algorithm and corrections have been
applied to both satellite missions.
3.5.2 Remote-sensing sea-surface temperature data
NOAA ERSST V3 monthly data products (Jan 1979-Dec 1986 and Jan 1998-Dec
2008) were acquired from the National Oceanic-Atmospheric Administration/Office
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of Oceanic and Atmospheric Research/Earth System research Laborartory available
at http://www.cdc.noaa.gov/cdc/data.noaa.ersst.html.
3.5.3 Threshold estimation
Initiation and end points of the growing season are defined as the times when the
chlorophyll-a concentration in a particular year period rises above the median value
plus 5% and later falls below this same threshold (Siegel et al., 2002). We applied
an additional criteria in the processing: data with a coefficient of variation (CV) of
chlorophyll-a concentrations lower than 0.1 and a duration of growing season less
than or equal to 10 weeks were omitted to exclude ultra-oligotrophic waters where
the seasonality is so low that the chlorophyll threshold method is unlikely to detect
any phytoplankton growth.
3.5.4 Statistical analyses
The global and regional average differences in duration of growing season between
the 1979-1986 and 1998-2008 periods were analysed using Welch t-test comparisons.
This test is an adaptation of the Student t-test for use with samples having un-
equal variances. Homogeneity of variances was checked using an F-test and the null
hypothesis (i.e. equality of variances between samples) was rejected in all cases (Ta-
ble 3.1). Programming codes were written to implement the Welch t-test and F-test
using the Ferret NOAA PMEL software.
The influence of the changes in SST on the changes in duration of the growing
season was analysed using the nonparametric Sign Test. The null hypothesis H0:
the proportion of boxes with a matching sign change in both SST and duration is
equal to 0.5, is rejected with a confidence level of 99.99%, n = 123 (Table 3.2). A
programming code was written to implement the nonparametric Sign Test using the
Ferret NOAA PMEL software.
3.5 Appendix: Materials and Methods 76
The linear relation between the export of carbon and the duration of the phyto-
plankton growing season was also tested on non-binned data: The Pearson correla-
tion analysis performed on the 167 box means gives a significant negative coefficient
ρ = −0.22 (P < 0.005); The Pearson correlation analysis performed on the 62 traps
gives a significant negative coefficient ρ = −0.31 (P < 0.01). A Fortran programming
code was written to perform the Pearson correlation analysis.
The uncertainty (±1σ) in the slope of the relation between duration and export
was calculated using a 1000-step Maximum Likelihood analysis (Sivia and Skilling,
2006). A MATLAB programming code was kindly provided by D. Wolf-Gladrow to
perform the Maximum Likelihood analysis. The Maximum Likelihood method fits
the least squares linear model to the export and duration data, to provide the most
likely (and best) estimates of the linear model parameters and their uncertainties.
3.5.5 Data processing
The highest 5% of the export fluxes at 100 m were omitted in the analysis to exclude
eutrophic coastal systems. This cut-off criterion corresponds roughly to an upper
limit of 6 mol C m−2 yr−1. The 10x20 one-degree-latitude-by-one-degree-longitude
pixels included in each box were averaged. If the box contained data on less than
50 (1/4) of its 200 pixels, then the box was discarded from the analysis. The 10x20
degrees box size was selected to reduce variability in the duration data associated
with micro- and mesoscale features such as eddies and fronts.
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Table 3.1: Summary of statistical comparisons of the duration of the phytoplankton
growing season between the periods 1979-1986 (past) and 1998-2008 (present). F
is the statistic for test of homogeneity of variances with the null hypothesis H0:
variance of duration in the past = variance of duration in the present. dfn and
dfd are degrees of freedom for the numerator and denominator respectively. P is
the two-tailed probability of accepting H0. t is the absolute value of the Welch t-
test statistic. The significance is indicated with a confidence limit of 95% (*) and
99% (**). ν is degrees of freedom for the t-test statistic. Global Ocean coverage is
restricted to North of 45◦S (see Fig. 3.3).
Ocean F test Welch t-test
F dfn dfd P t ν
Atlantic 14.01 1 70 0.001 3.796∗∗ 59.3
Indian 11.35 1 32 0.005 3.473∗∗ 26.2
Pacific 4.74 1 110 0.1 2.197∗ 101.6
Global 25.31 1 244 0.001 5.051∗∗ 221.9
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Table 3.2: Sign changes in sea-surface temperature (SST) and duration of phyto-
plankton growing season for 1998-2008 (present period) minus 1979-1986 (past pe-
riod), calculated for the global ocean North of 45◦S (to the extent of data coverage,
see Fig. 3.3).
Sign difference Number







Table 3.3: Changes in duration and export production for 1998-2008 minus 1979-
1986. Changes in export production (∆export) at 100 m and 1,100 m are calculated
from the linear relations between duration and export for each change in duration
(∆duration) of the phytoplankton growing season. The relative changes in export
are displayed in parentheses (in %). The amplitude of the export variability is shown
at ±1σ. The significance is indicated with a confidence limit of 95% (*) and 99%
(**).
Ocean ∆ duration ∆ export at 100m ∆ export at 1,100m
weeks Pg C yr−1 (%) Pg C yr−1 (%)
Atlantic 3.5∗∗ -0.20±0.07 (-6.9±2.5) -0.04±0.02 (-13.0±5.1)
Indian 3.0∗∗ -0.09±0.03 (-6.1±2.2) -0.02±0.01 (-11.4±4.5)
Pacific 1.5∗ -0.15±0.05 (-3.0±1.0) -0.03±0.01 (-5.6±2.2)
Global(1) 2.4∗∗ -0.55±0.20 (-4.7±1.7) -0.11±0.04 (-8.9±3.5)
(1)North of 45◦S to the extent of data coverage (see Fig. 3.3)
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Table 3.4: Location (Latitude and Longitude), water depth, trap depth, sampling
year, sampling interval, code and reference of the sediment-trap data used in this
study.
Lat. Lon. Water Trap Years Interval Total POC Code
(deg.) (deg.) Depth Depth (days) Flux Flux (Reference)
(m) (m) (g m−2 yr−1) (g m−2 yr−1)
54.39 -21.14 3074 1000 1993-1994 239 14.72 3.43 L3-93 (Kuss and Kremling, 1999)
50.01 165.01 5546 1227 1999 345 20.86 1.02 50N (Honda et al., 2002)
50.01 165.01 5546 1227 1997-1998 395 44.20 2.34 50N (Honda et al., 2002)
50.00 -145.00 4240 1000 1983-1994 1320 51.70 2.71 OSP (Wong et al., 1999)
49.60 -12.30 1500 1050 1993-1994 365 26.48 2.22 OMEX-2 (Antia et al., 1999)
48.90 -13.50 3260 1440 1993-1994 365 42.50 3.61 OMEX-3 (Antia et al., 1999)
47.73 -20.86 4451 1110a 1989-1990 378 20.90 2.63 NB4U (Honjo and Manganini, 1993)
47.50 -19.39 4574 1000 1992 144 26.44 2.63 L2-A-92 (Kuss and Kremling, 1999)
47.48 -19.47 4577 1030 1992-1993 350 7.49 4.16 L2-B-92 (Kuss and Kremling, 1999)
46.07 175.02 5435 1412 1993-1994 304 75.86 2.35b Site-8 (Kawahata, 2002)
43.58 155.03 5375 924 1999-2000 375 62.60 4.27 KNOT (Honda et al., 2002)
43.58 155.03 5375 924 1997-1998 395 46.02 2.37 KNOT (Honda et al., 2002)
40.26 144.28 7150 1000 1994-1996 551 29.95 3.69 JT-Station B (Shin et al., 2002)
40.00 165.00 5476 953 1997-1998 395 28.38 1.53 KURU-40N (Honda et al., 2002)
40.00 165.00 5476 953 1999 365 26.11 2.05 KURU-40N (Honda et al., 2002)
39.00 146.60 5356 1371 1997-1999 625 65.71 5.46 WCT2 (Mohiuddin et al., 2002)
37.24 174.57 5105 1482 1993-1994 313 34.55 1.87b Site-7s (Kawahata, 2002)
36.41 154.56 5578 1191 1999-2000 376 25.31 1.64 WTC7 (Mohiuddin et al., 2004)
35.60 147.00 5615 1108 1998-1999 345 13.30 1.64 WCT3 (Mohiuddin et al., 2004)
34.25 177.44 3365 1342 1993-1994 304 15.01 0.84b Site-5s (Kawahata, 2002)
33.81 -21.04 5083 1159a 1989-1990 364 19.59 1.07 NB3U (Honjo and Manganini, 1993)
31.80 -64.20 4400 1500 1988-1989 361 10.93 0.74 OFP (Antia et al., 2001)
31.80 -64.20 4400 1500 1987-1988 369 15.00 0.98 OFP (Antia et al., 2001)
31.80 -64.20 4400 1500 1991-1992 365 13.94 0.96 OFP (Antia et al., 2001)
31.80 -64.20 4400 1500 1990-1991 359 16.18 0.93 OFP (Antia et al., 2001)
31.80 -64.20 4400 1500 1984-1985 366 13.62 1.01 OFP (Antia et al., 2001)
31.80 -64.20 4400 1500 1989-1990 368 10.96 0.63 OFP (Antia et al., 2001)
31.33 -55.55 5581 976 1976-1977 110 7.16 0.89 SAP-S2 (Honjo et al., 1982)
29.15 -15.44 3605 1026 1992-1993 309 14.80 1.06 CI2 (Neuer et al., 1997)
29.11 -15.45 3611 1006 1991-1992 305 5.89 0.44 CI1 (Neuer et al., 1997)
25.00 136.60 4905 917 1997-1998 613 7.08 0.98 WCT1u (Mohiuddin et al., 2002)
25.00 136.60 5308 1388 1998-1999 357 7.08 1.50 WCT1l (Mohiuddin et al., 2002)
21.08 -20.40 4108 733 1991 200 26.80 3.43 CB4u (Fischer et al., 1996)
21.08 -20.40 4094 730 1990-1991 387 32.50 1.82 CB3u (Fischer et al., 1996)
17.41 58.51 1448 999 1994-1995 408 58.44 3.84 MS1 (Honjo et al., 1999)
17.40 89.60 2263 809 1987-1988 365 11.55 3.59 BngN (Ittekkot et al., 1991)
17.24 58.48 3655 924 1994-1995 408 74.15 6.28 MS2 (Honjo et al., 1999)
17.12 59.36 3477 888 1994-1995 408 81.82 6.39 MS3 (Honjo et al., 1999)
15.30 61.30 3983 821 1994-1995 408 53.69 3.25 MS4 (Honjo et al., 1999)
15.21 -151.28 5792 978 1978 61 2.74 0.20 HAP-P1 (Honjo et al., 1982)
13.50 -54.00 5288 988 1977-1978 98 17.97 1.44 DAP-E (Honjo et al., 1982)
13.20 84.40 3259 906 1987-1988 365 14.63 2.64 BngC (Ittekkot et al., 1991)
12.02 134.29 5300 1200 1988-1989 383 1.74 0.14 NEC (Kempe and Knaack, 1996)
11.50 -21.00 4968 1003 1992-1993 181 29.81 2.31 CV1 (Fischer et al., 2002)
11.50 -21.00 4973 975 1993-1994 363 17.70 0.99 CV2 (Fischer et al., 2002)
10.00 65.00 4411 800 1994-1995 170 26.41 2.08 MS5 (Honjo et al., 1999)
9.00 -139.98 5100 1250 1992 85 13.90 0.97 EP1U (Honjo et al., 1995)
5.21 -81.53 3856 1268 1989 112 38.17 3.27 PB1 (Honjo et al., 1982)
5.02 -139.78 4493 1191 1992-1993 357 25.34 2.20 EP2U (Honjo et al., 1995)
5.01 138.83 4130 1130 1988-1989 391 6.59 0.65 ECC (Kempe and Knaack, 1996)
4.40 87.30 4017 1040 1987-1988 365 16.08 2.37 BngS (Ittekkot et al., 1991)
4.03 135.00 4762 970 1999 324 21.40 2.70 Site-M1 (Gupta and Kawahata, 2002)
1.80 -11.20 4399 953 1991 230 24.24 2.49 EA2-1991 (Fischer et al., 2000)
1.80 -11.20 4522 859 1990-1991 369 30.94 2.98 GBN6-1990 (Fischer et al., 2000)
1.48 -11.08 4481 853 1989-1990 380 29.20 3.20 GBN3-1989 (Wefer and Fischer, 1993)
1.13 160.34 3181 116 1994-1995 197 9.39 0.56b Site 10 (Kawahata, 2002)
1.00 -139.00 4470 1095 1982-1984 428 1.73 1.08 MANOP-TP-C3 (Dymond and Collier, 1988)
1.00 -139.00 4470 1083 1984-1985 434 3.55 1.96 MANOP-TP-C4 (Dymond and Collier, 1988)
0.07 -139.75 4358 880 1992-1993 357 33.25 1.70 EP4U (Honjo et al., 1995)
0.02 174.56 4828 1040 1999 312 19.61 2.08 Site-M5 (Gupta and Kawahata, 2002)
0.01 145.02 3680 1020 1999 320 13.55 1.50 Site-M3 (Gupta and Kawahata, 2002)
0.00 -23.50 3744 718 1994-1995 357 23.71 2.49 WA8 (Fischer et al., 2000)
0.00 -10.80 4141 1097 1991 230 11.40 0.97 EA3c (Fischer et al., 2000)
0.00 -10.80 4580 1280 1993-1994 420 15.30 1.89 EA10 (Fischer et al., 2000)
0.00 -10.80 4563 1226 1992-1993 171 18.61 2.33 EA9 (Fischer et al., 2000)
0.00 -10.80 4255 949 1991-1992 307 32.07 1.16 EA7 (Fischer et al., 2000)
0.00 175.10 4880 1357 1992-1993 289 14.65 0.71b Site-3s (Kawahata, 2002)
-2.20 -9.90 3906 1068 1991 230 11.00 0.96 EA4-1991 (Fischer et al., 2000)
-4.00 -25.70 5601 854 1994-1995 363 21.96 1.69 WA7 (Fischer et al., 2000)
-4.00 -25.70 5525 808 1993-1994 373 20.75 2.20 WA4 (Fischer et al., 2000)
-4.30 -10.30 3490 947 1991 230 11.92 0.79 EA5 (Fischer et al., 2000)
-4.95 -139.73 4198 1216 1992 204 21.02 1.04 EP6U (Honjo et al., 1995)
-11.97 -135.03 4294 1292 1992-1993 357 10.60 0.55 EP7U (Honjo et al., 1995)
aAveraged depth
bPOC calculated as POC = Total flux / 2.27 (Waniek et al., 2005)
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Table 3.4: Continued.
Lat. Lon. Water Trap Years Interval Total POC Code
(deg.) (deg.) Depth Depth (days) Flux Flux (Reference)
(m) (m) (g m−2 yr−1) (g m−2 yr−1)
-12.60 155.60 1832 1315 1995-1996 321 9.39 0.44b Site-11 (Kawahata, 2002)
-17.46 154.50 2821 1298 1995-1996 245 3.98 0.30b Site-12s (Kawahata, 2002)
-35.31 161.00 3174 1161 1995-1996 245 9.35 0.72b Site-13 (Kawahata, 2002)
-42.42 178.38 1500 1000 1996-1997 243 161.00 7.50 NCR (Nodder and Northcote, 2001)
-44.37 178.37 1500 1000 1996-1997 340 10.50 1.80 SCR (Nodder and Northcote, 2001)
-46.77 142.07 4540 1060 1997-1998 153 18.00 1.40 SAZ-47S (Trull et al., 2001)
-50.09 5.46 3750 700 1987 351 39.56 2.70 PF1 (Fischer et al., 2002)
-53.75 141.75 2280 830 1997-1998 153 27.00 0.80 SAZ-54S (Trull et al., 2001)
-56.90 -170.17 4924 982 1996-1998 416 41.33 2.03 PFZ (Honjo et al., 2000)
-60.28 -170.06 3958 1003 1996-1998 425 65.45 2.68 APF (Honjo et al., 2000)
-60.55 -57.06 3625 965 1980-1981 52 163.00 5.41 Drake Passage (Wefer et al., 1982)
-62.29 72.59 4000 1400 1998-1999 365 25.42 0.92 PZB1 (Pilskaln et al., 2004)
-63.01 70.57 nd 1300 1994-1995 353 3.04 0.11 ANTARES-M3 (Pilskaln et al., 2004)
-63.15 -169.90 2886 1031 1996-1998 425 133.52 3.86 ACC (Honjo et al., 2000)
-66.16 -168.67 3016 985a 1996-1997 204 23.10 1.73 RSn (Honjo et al., 2000)
aAveraged depth
bPOC calculated as POC = Total flux / 2.27 (Waniek et al., 2005)
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3.7 Figures
Figure 3.1: Duration of the phytoplankton growing season. (a) Climatology for the
period 1998-2008 (SeaWiFS). (b) Climatology for the period 1979-1986 (CZCS).
Boxes are 10◦ latitude by 20◦ longitude.
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Figure 3.2: Maximum chlorophyll concentration. Climatology for the period 1998-
2008 (SeaWiFS). Boxes are 10◦ latitude by 20◦ longitude.
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Figure 3.3: Changes in the duration of the phytoplankton growing season for 1998-
2008 minus 1979-1986. Duration of growing season was estimated from climatologies
of remotely-sensed chlorophyll-a concentrations from the Coastal Zone Color Scan-
ner (CZCS, 1979-1986) and from the Sea-viewing Wide Field-of-view Sensor (Sea-
WiFS, 1998-2008) missions. Positive (negative) changes in duration correspond to
longer (shorter) phytoplankton growing season in 1998-2008 compared to 1979-1986.
Boxes are 10◦ latitude by 20◦ longitude. Black colour means no data.
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Figure 3.4: Changes in the sea-surface temperature (∆SST) for 1998-2008 minus
1979-1986. Positive (negative) ∆SST corresponds to an increase (decrease) of the
SST in 1998-2008 compared to 1979-1986. Boxes are 10◦ latitude by 20◦ longitude.
Black colour means no data.
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Figure 3.5: Annual estimates of Particulate Organic Carbon (POC) export. (a) Cli-
matology of POC export at 100 m from an inverse model based on hydrographic and
biogeochemical observations (Schlitzer, 2002). Boxes are 10◦ latitude by 20◦ longi-
tude. (b) Climatology of POC export at 1,100 m from sediment trap experiments
retrieved from the literature (see Table 3.4 for reference details).
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Figure 3.6: Relation between the export of carbon in the ocean interior and the
duration of the phytoplankton growing season. (a) Export at 100 m from an inverse
model based on hydrographic and biogeochemical observations (Schlitzer, 2002).
The export data are binned at one-week duration intervals (n = 14, r2 = 0.48). The
Pearson correlation coefficient ρ = −0.69 is significant (P < 0.0025). (b) Export at
1,100 m from sediment trap data (see Table 3.4). The export data are binned at
one-week duration intervals (n = 12, r2 = 0.69). The Pearson correlation coefficient
ρ = −0.83 is significant (P < 0.0005). Duration of growing season is estimated from
SeaWiFS chlorophyll data climatology (1998-2008). Gray shading and error bars
indicate the amplitude of the export variability for each duration (±1SD).
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Figure 3.7: Trends in the export production at 100 m. Case S (in black) is the
standard trend in export estimated from the duration of growing season derived for
the period 1998-2008 (SeaWiFS). Case S1 and S2 (in gray) are sensitivity tests to
the detection method for the duration of growing season. Case C (in blue) is the
trend in export estimated from the duration of growing season derived for 1979-
1986 (CZCS). Case Sa and Ca (in dashed black and dashed blue) are sensitivity
tests to the remote sensing data-processing algorithm: durations of growing seasons
are derived both from the “CZCS-type SeaWiFS” (1998-2002) and from the “revised
CZCS” (1979-1986) processed by Antoine et al. (2005).
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Figure 3.8: Climatology of chlorophyll-a and mixed layer depth (MLD) averaged
over regions where the growing season is 10 weeks (a) and 20 weeks (b) in the North
Hemisphere. (a) In a short growing season/high export case, the chlorophyll ampli-
tude is high, the biomass is high and particulate aggregation is high. Furthermore
under short growing season, the MLD is shallow and large phytoplankton aggregates
reach more rapidly the intermediate ocean (below the MLD). (b) In a long grow-
ing season/low export case, the chlorophyll amplitude is low, the biomass is low,
and particulate aggregation is low. Furthermore under long growing season, the
MLD remains relatively deep and a larger fraction of organic material is likely to be
remineralised before it sinks below the mixed layer. Remotely-sensed chlorophyll-
a concentrations are from a global climatology constructed from the Sea-viewing
Wide Field-of-view Sensor (SeaWiFS, 1998-2008). MLD data are from a global cli-
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4.1 Abstract
Mixed layer integrated plankton community respiration Rmld and net community
production NCPmld are estimated at the global scale by resolving Sverdrup’s critical
depth model. Key parameters of the model, i.e. community compensation irradi-
ance Ic and critical depth zcr are calculated using remote-sensing data of incident
irradiance level and primary production, and a global mixed layer depth climatol-
ogy. Large regional variability in Ic is observed between the tropics and subtropics
(10-15 mol photon m−2 d−1) and the high-latitudes (0.5-3 mol photon m−2 d−1).
Poleward of 35◦, NCPmld is positive (100-150 g C m
−2 y−1) during the phytoplank-
ton growing season and becomes negative (−130-180 g C m−2 y−1) when phyto-
plankton growth is limited. In contrast, equatorward of 35◦, NCPmld is negative
(−50-90 g C m−2 y−1) during the estimated growing season and positive (30-70
g C m−2 y−1) outside of the growing season. The method overestimates Rmld in the
North Pacific, the Southern Ocean 35-45◦S band and the Arabian Sea, leading to
calculation of a global annual net heterotrophic imbalance of − 5.9l Pg C y−1. How-
ever, the range and seasonality of NCPmld estimates agree with in-situ and model
data reported for the North Atlantic Drift province, suggesting that the present
method might be of use to predict NCP in some regions of the ocean. In particular,
the net autotrophic imbalance of 0.65 Pg C y−1 calculated for the North Atlantic
matches at 85% with annual model export estimates for that region.
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4.2 Introduction
In the surface layer of the ocean, the phytoplankton community fixes dissolved CO2
by photosynthesis to produce organic matter. Photosynthetic production of organic
carbon has been thoroughly investigated and can be derived at a global scale from
remote-sensing measurements of surface phytoplankton biomass (Platt and Sathyen-
dranath, 1988; Sathyendranath et al., 1989; Platt et al., 1991a,b; Antoine et al., 1996;
Behrenfeld and Falkowski, 1997; Me´lin, 2003; Behrenfeld et al., 2005). The processes
controlling the fraction of total primary production (PP) that is recycled by plank-
ton community respiration (R) are less well understood (del Giorgio and Duarte,
2002; Robinson and Williams, 2005; Robinson, 2008). The plankton community
losses described in the variable R include phytoplankton light and dark respiration,
maintenace respiration, zooplankton respiration and bacterial respiration as carbon
sinks. In-situ measurements of R are extremely sparse compared with the large data
set of PP (Williams, 2000). Empirical relationships between PP and R have been
shown not to be straightforward (del Giorgio et al., 1997; Williams, 1998; Duarte
and Augusti, 1998) and have generated intense debate on the nature of the trophic
balance of the global ocean (Williams et al., 1999; del Giorgio and Duarte, 2002).
The trophic balance of a biological community is summarised in the net community
production (NCP), i.e. the difference between PP and R. Williams (2000) defined
NCP as the “potential of the plankton community for organic export”.
Owing to the recent improvements in detection of phytoplankton growing sea-
son (Siegel et al. (2002), chapter 2), global mixed layer depth estimates (de Boyer
Monte´gut et al., 2004), and remote-sensing measurements of incident irradiance
level and primary production, it is now possible to resolve the critical depth model
of Sverdrup (1953) at a global scale. This model calculates seasonal and regional
variability in plankton community respiration and net community production.
This chapter is structured as follows. Section 4.3 introduces Sverdrup’s (1953)
critical depth model (the list of mathematical expressions used in the model is
summarised in Table 4.1). Section 4.4 describes the data and methods. Section 4.5
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presents and discusses regional and seasonal variations of (1) key variables required
to implement Sverdrup’s critical depth model, (2) estimates of PP, R and NCP.
The estimates of NCP are then compared with in-situ and modelled data from the
literature. Summary and conclusions are given in section 4.6.
4.3 Sverdrup’s critical depth model
Sverdrup (1953) proposed the fundamental hypothesis that net accumulation of
phytoplankton biomass in a given layer will occur when the depth-integrated rate
of production of organic matter by photosynthesis in that layer exceeds the depth-
integrated rate of destruction by respiration. The model assumes that PP is linearly
related to the level of irradiance in the Photosynthetically Active Range (PAR).
The slope α of the Productivity-Irradiance (P-I) relationship is illustrated in the




where I(z) is irradiance in the PAR at depth z, Io is incident irradiance in the PAR
and k is vertical attenuation for irradiance in the PAR. In Sverdrup’s model, PP is
described to decrease exponentially with depth (Fig. 4.2) such as:
P (z) = αI(z) = αIoe
−kz = Poe
−kz (4.2)
where P(z) is PP at depth z and Po is PP at surface. Community respiration is
assumed to remain constant with depth:
R(z) = Ro (4.3)
where R(z) is community respiration at depth z and Ro is community respiration
at surface. Sverdrup (1953) explicitly included phytoplankton and zooplankton res-
piration in the loss term. Uncertainties about the definition and the difficulties to
constrain the components of the loss term were raised by Smetacek and Passow
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(1990). Platt et al. (1991a) refined the loss term in the model to include phyto-
plankton maintenance and dark respiration, micro- and macrozooplankton grazing,
excretion and sedimentation losses. The assumption that community respiration re-
main constant with depth is acknowledged throughout the mixed layer (Platt et al.,
1991a). Below the mixed layer depth (MLD), rates of community respiration de-
crease sharply (del Giorgio and Duarte, 2002) as they rely on the quantity of organic
matter being exported through sinking of particles and zooplankton migrations.
The minimum level of irradiance required for production to compensate com-
munity respiration at a particular depth is defined as community compensation
irradiance Ic (Fig. 4.1 and Fig. 4.2). In the water-column, the irradiance level Ic
occurs at the compensation depth zc:
Ic = Ioe
−kzc (4.4)
At compensation depth zc, production and respiration are equal:
Ro = Poe
−kzc (4.5)





In the mixed layer, phytoplankton cells spend time both above and below zc. Net
growth will occur when the integrated production from the surface to the depth of
the mixed layer zmld is greater than the integrated respiration in the same layer.












dz = Rozmld (4.8)
The depth at which integrated production and integrated respiration are equal is
defined as the critical depth zcr:
Pzcr = Rzcr (4.9)
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When the MLD is deeper than zcr, the average irradiance received by the phyto-
plankton cells is insufficient. Production cannot balance respiration. As surface
insolation increases and the mixed layer stratifies in spring, the MLD may shoal
to depth less than zcr. Production can then compensate the respiration and net
growth will occur. This is the Sverdrup (1953) necessary condition for initiation











4.4 Data and methods
4.4.1 The remotely-sensed data
Global weekly Level 3 Standard Mapped Images of chlorophyll-a (Chla), photo-
synthetically active radiation (PAR) and diffuse attenuation coefficient at 490nm
wavelength (k490) were retrieved at 9 km resolution from the Sea-viewing Wide
Field-of-view Sensor (SeaWiFS) for the period September 1997 to April 2009, avail-
able at http://oceancolor.gsfc.nasa.gov/. Uncertainty associated with the SeaWiFS
ocean-colour data products (i.e. Chla, PAR and (k490) is estimated to range be-
tween ±5% to ±35%, although in extreme oligotrophic waters it may reach ±65%
(Hu et al., 2001).
The diffuse attenuation coefficient for the PAR wavelengths (k) was estimated
from k490 using the equations of Rochford et al. (2001). The equations are adapted
to the three different water classes: oligotrophic clear CASE 1 waters, intermediate




0.0085 + 1.6243k490 k490 ≤ 1
0.3175 + 1.2144k490 1 < k490 ≤ 2.3
0.3570 + 1.1676k490 2.3 < k490
(4.11)
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4.4.2 The primary production data
PP was retrieved from the model of Me´lin (2003), including spectral, temporal and
vertical resolution. The model uses monthly remotely-sensed data from SeaWiFS
and is available for the period September 1997 to December 2004 at 4 km res-
olution. The key parameters of the PP model (i.e. biomass distribution in the
water column, carbon assimilation coefficient and light-productivity relationship)
were assigned following the partitioning of the ocean into biogeographic provinces,
as proposed by Longhurst (1998). In the model, the values of the P-I parameters
varied seasonally. The model outputs of Me´lin (2003), denoted P0.1%, were available
as depth-integrated PP to 0.1% light level.
Me´lin (2003) estimated uncertainty from his globally averaged annual PP values
as±10% of the mean of the PP values derived from Behrenfeld and Falkowski (1997),
Antoine et al. (1996) and his model. The model of Me´lin (2003) uses SeaWiFS Chla
as input data to calculate PP. Uncertainty associated with SeaWiFS is discussed in
section 4.4.1 and is assumed to be of the order of ±35% for open case 1 water. An-
toine et al. (1996) have shown that vertically integrated Chla varies approximately
as the square root of the surface Chla. Hence, the authors were able to estimate
uncertainty in water column integrated Chla of approximately ±17%. Therefore, in
Me´lin (2003) model, the uncertainty in PP estimates, that is attributable only to un-
certainty in the SeaWiFS Chla (and when the other parameters remain unchanged),
is likely to be of the order of ±17%.
4.4.3 The mixed-layer depth data
A global monthly climatology of mixed-layer depth (MLD) was acquired from C.
de Boyer-Monte´gut available at http://www.locean-ipsl.upmc.fr/ cdblod/mld.html.
The 2◦ resolution climatology was constructed from approximately five million tem-
perature profiles from the period 1941 to 2008. The MLD was defined as the tem-
perature criterion of ± 0.2 ◦C change compared with the temperature at 10 m (de
Boyer Monte´gut et al., 2004). The depth of the mixed layer is denoted zmld.
4.4 Data and methods 103
Depending on the criterion selected (i.e. threshold value of temperature or den-
sity), the estimated MLD varied on average by ±30% for the global ocean, with
larger standard deviation found as depth increases. The MLD climatology based on
the temperature criterion is derived from approximately five million profiles, whereas
the MLD climatology based on the density criterion is derived from approximately
900,000 profiles.
4.4.4 Data processing
To conform with the remotely-sensed data, P0.1% and zmld were interpolated to
weekly temporal resolution. Because the data (i.e. Chla, Io, k, P0.1% and zmld) were
to be associated with phenologically important phases in the phytoplankton growing
season, it was important to eliminate gaps in the time series. Missing values were
substituted by interpolating spatially-adjacent values, if these were not missing.
Otherwise the value was not filled. The remaining missing values were filled by
interpolating temporally-adjacent values, if these were not missing. Otherwise the
value was not filled. A three-weeks running mean was applied to remove small spikes
in Chla and the data were then averaged to one degree resolution. Finally, global
weekly climatologies of Chla, Io, k, P0.1% and zmld were constructed.
4.4.5 Characterisation of the phytoplankton growing season
The timings of initiation and end of the phytoplankton growing season (bi and be
respectively) were detected as the weeks when the chlorophyll concentration in the
year period rose above the median value plus 5% (Siegel et al., 2002) and later
fell below this same threshold. The peak timing (bt) was retrieved as the week of
maximum chlorophyll concentration.
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4.4.6 Calculation of the community compensation irradi-
ance
According to Sverdrup’s hypothesis, at the time bi, depth-integrated production
compensates exactly the respiration and the depth of the mixed-layer zmld coincides
with the critical depth zcr. The values of Io, k, and zmld were retrieved at bi. All the
variables in equation (4.10) were then available to solve for Ic.
4.4.7 Calculation of the critical depth
A time series of critical depth can be calculated using equation (4.10) assuming Ic
to remain constant over time. Phytoplankton compensation irradiance (Icphy) may
vary temporally (Smetacek and Passow, 1990; Platt et al., 1991a) as phytoplankton
adapt to seasonal changes in light intensity and spectral quality. However, the
seasonal variability in the community compensation irradiance is unclear. In-situ
measurments of phytoplankton community compensation irradiance from a mooring
site in the North Atlantic showed limited variability over the one week experiment
interval (Marra, 2004). Henson et al. (2006) assumed constant Ic to estimate a daily
time series of Sverdrup’s critical depth in the Irminger Basin. Their zcr estimates
showed coherent seasonality and interannual variabilily in mixed layer shallowing
and deepening as well as phytoplankton bloom initiation. In the present study,
weekly climatologies of Io, k and the corresponding constant Ic values were used to







4.4.8 Calculation of mixed layer integrated production Pmld
and respiration Rmld
The mixed layer integrated production Pmld was derived fromMe´lin’s P0.1% estimates
of integrated PP from the surface to the depth z0.1% where the irradiance level is
0.1% of the incident surface irradiance. z0.1% was calculated by solving equation (4.1)












Weekly surface production Po were estimated based on Sverdrup’s assumption that





All the variables in equation (4.6) were then available to determine weekly surface
respiration Ro. Finally, equations (4.7) and (4.8) were solved to determine the time
series of Pmld and Rmld.
Uncertainty estimates have been discussed (sections 4.4.1, 4.4.2, 4.4.3) for each
variable used to calculate Pmld and Rmld. The different levels of uncertainty asso-
ciated with the variables k, P0.1%, z0.1% and zmld propagate throughout the equa-
tions (4.7), (4.8), (4.14) and (4.15). Assuming the stated uncertainties on the input
variables, error propagation potentially leads to more than ±100% uncertainty on
both Pmld and Rmld.
4.5 Results and discussion
4.5.1 Global estimations of the spatial distributions of Sver-
drup’s model key parameters zcr, Io and Ic
Timing of initiation of growing season
Spatial distribution in the timing of initiation of phytoplankton growing season
is shown in Fig. 4.3a. In the Northern Hemisphere, growing season initiates in
December (week 43) in the subtropical gyres. In the North Atlantic (NA), the timing
of initiation then propagates steadily towards the poles from January to June (week
1 to 20), following the seasonal increase in insolation. In the North Pacific (NP),
similar poleward propagation is detected along the coast of Japan, China, and in the
4.5 Results and discussion 106
Bering Sea. The Central NP demarcates itself clearly with growing season setting off
in June-August (week 20-30), three months later than the surrounding waters. This
demarcation results from large seasonal and interannual variability in phytoplankton
biomass in the Central NP (Pen˜a and Varela, 2007). In the Southern Hemisphere,
the growing season initiates in June-July (week 20-24) in the subtropical gyres.
Along the 30◦S band, growth starts in May (week 16) and rapidly propagates to
July and August along the 40◦S band. South of 45◦S, the growing season initiates
between September and November (week 34 and 40).
Critical depth at initiation
Following Sverdrup’s hypothesis, at initiation of the growing season bi, the depth of
the mixed layer zmld is equal to the critical depth zcr (Fig. 4.3b). The shallowest zmld
are found along the West coast of Africa, America, and in the Central NP. Most
of the tropics and subtropics present relatively shallow zmld between 40 to 80 m
depth. Deeper zmld (> 100 m) are found in the NA, in the NP along the coast of
Japan, China and the Kurushio extension. The deepest zmld at bloom initiation are
encountered throughout the Southern Ocean (SO), reaching more than 200 m. The
notions of deep and shallow must be considered relative to the average conditions
occuring in the region. The tropics and subtropics are characterised by permanently
stratifed waters (Sarmiento et al., 2004), where the seasonality in zmld is limited. In
fact, the shallow zmld found in these regions tend to be deeper at bi and during the
growing season compared to the rest of the year (Fig. 4.4). Polewards of 35◦, zmld
presents large seasonality and significant deepening of the mixed layer in winter.
Hence, the relatively deep zmld, when compared to the tropics and subtropics found
at bi, are actually shallower during the growing season than compared to the rest of
the year (Fig. 4.4).
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Incident irradiance level at initiation
Spatial distribution of the incident irradiance in the PAR Io at initiation bi is shown
in Fig. 4.3c. Io is higher than 35 mol photon m
−2 d−1 in most of the tropics and
subtropics. Long daylength and high irradiance levels predominate throughout the
year in these regions (Hartmann, 1994). North of 30◦N, Io increases polewards at
bi, following the seasonal increase in daylength, as the spring initiation progresses
polewards. In the SO, Io varies accordingly with the time of initiation. A start in
early austral summer in September encounters lower Io of 15-20 mol photon m
−2 d−1
compared with a later initiation in November, when the daylength has increased and
Io values have more than doubled, reaching 50 mol photon m
−2 d−1.
Global estimates of community compensation irradiance
Globally, the estimates of community compensation irradiance Ic (Fig. 4.3d) show
a large contrast between the tropics and subtropics, displaying particularly high
values, and the higher latitudes displaying almost an order of magnitude lower values
(except in the Central NP, which presents high Ic values comparable to the tropics).
The present estimates fall within the range of values reported by Siegel et al. (2002)
for the NA, based on a similar approach to retrieve Ic. Poleward increase in Ic
is observed, with low estimates of 0.5-1 mol photon m−2 d−1 around 35◦N to 4.5-
5 mol photon m−2 d−1 around 65◦N. Similar range and distribution of Ic values are
found within the surrounding waters of the Central NP and throughout most of the
SO. The strickingly high Ic estimates (7-10 mol photon m
−2 d−1) for the Central NP
result from the particularly shallow MLD (< 40 m) recorded at bi in that region. In
contrast, the high Ic estimations (7-15 mol photon m
−2 d−1) found sparsely within
the SO, are the result of high Io recorded in regions where the growing season started
in late austral spring. Ic estimates are an order of magnitude higher in the tropics
and subtropics with values ranging between 10 and 20 mol photon m−2 d−1, and
reaching up to 40 mol photon m−2 d−1 in places.
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A high Ic indicates that the phytoplankton cells require a high minimum irra-
diance level to compensate the community respiration. Community compensation
irradiance Ic must be differentiated from phytoplankton compensation irradiance
Icphy. Icphy strictly indicates the capacity of the phytoplankton cells to compensate
their own maintenance respiration, but not to compensate the total community res-
piration. Icphy has mostly been determined in laboratory experiments, such as the
compilation of Langdon (1988) for eight phytoplankton species. He showed large
inter-species variability with values ranging between 0.1 and 3 mol photon m−2 d−1.
In-situ measurements of Icphy are much more limited and relatively little is known
about its spatial, vertical and temporal variability. The study of Marra (2004) along
a mooring site at 50◦N in the NA, revealed that Icphy decreases with depth, ranging
from 0.2-0.4 mol photon m−2 d−1 at 50 m to 0.02-0.09 mol photon m−2 d−1 at 150 m.
The one-order of magnitude lower estimates reported at greater depth suggest the
possible presence of phytoplankton community adapted to low irradiance level, i.e.
a high initial slope α (Fig. 4.1) associated with a low Icphy. The only in-situ mea-
surements of total community compensation irradiance Ic come from the study of
Riley (1957). He estimated Ic to 3.5 mol photon m
−2 d−1 (the value was originally
measured in g cal cm−2 min−1 and converted in mol photon m−2 d−1 by Siegel et al.
(2002)) at 35◦N along the subtropical border of the NA. This in-situ measurement
is coherent with Ic calculated in the present study.
The large differences in Ic observed between tropical and subpolar regions might
be explained by a differential adaptation of the plankton community to distinct
environmental conditions. In the tropics and subtropics, irradiance levels remain
high throughout the year. The phytoplankton community is therefore adapted to
high-light intensity regime. Such photoadaptation is associated with high Ic to
compensate high autotrophic respiration (Langdon, 1988). Furthermore, high Ic is
also required to compensate high rates of bacterial respiration induced by warm
water temperature (Robinson, 2008).
Hence, the retrieved Ic distribution suggests distinct community growth regimes
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between the low- and mid-latitudes and the high-latitudes. The development of
these distinct regimes is indicated in the shoaling/deepening of zmld compared to zcr
(Fig. 4.4). Poleward of 35◦, the deep winter mixing replenishes nutrient concentra-
tions in surface waters. Shoaling of the mixed layer in spring allows phytoplankton
cells to receive sufficient light supply, triggering net accumulation of biomass. This
is illustrated by the fact that zmld remains equal or shallower than zcr (in red on
Fig. 4.4) over the duration of the estimated growing season. Equatorward of 35◦,
light supply is rarely limiting. Quasi-permanent stratification maintains however
low nutrients concentrations in surface waters, which limits phytoplankton growth.
Although increase vertical mixing of nutrients (i.e. deeping the mixed layer) may
trigger net accumulation of phytoplankton biomass, photoacclimation may also be
responsible for the chlorophyll enhancement (McClain et al., 2004). This is illus-
trated by the fact that zmld is generally deeper than zcr (in blue on Fig. 4.4) over
the duration of the estimated growing season.
4.5.2 Regional and seasonal variability in mixed layer inte-
grated production Pmld and respiration Rmld
Spatial distribution and latitudinal seasonality of Pmld and Rmld are shown in Fig. 4.5a,
b, c, d. In oligotrophic regions (McClain et al., 2004), seasonality in Pmld is limited
and the annual average is low (< 60 g C m−2 y−1). This annual average is at least
two-times larger (> 120 g C m−2 y−1) in the NA, the NP, the SO, the North In-
dian Ocean (IO), and in coastal and equatorial upwelling regions. In these regions,
Pmld tends to be higher (> 150 g C m
−2 y−1) during the estimated growing season.
The spatial distribution of Rmld differs from that of Pmld. Annual average Rmld is
particularly high (> 200 g C m−2 y−1) in the Central NP, along the 45◦N and 60◦N
bands of the NA, along the 35-45◦S band of the SO, in the Arabian Sea, as well as
in the coastal and equatorial upwelling regions. Relatively low annual average Rmld
(< 100 g C m−2 y−1) are estimated in most of the remaining ocean. Seasonality
in Rmld is observed at all latitudes and is separated in time and space from that of
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Pmld. Poleward of 35
◦, Rmld is high (> 300 g C m
−2 y−1) outside of the estimated
growing season and low (≈ 50-100 g C m−2 y−1) during the growing season. In con-
trast, equatorward of 35◦, Rmld is low (< 60 g C m
−2 y−1) outside of the estimated
growing season and high (≈ 150-250 g C m−2 y−1) during the growing season.
The Pmld:Rmld ratio provides informative indication on the equilibrium status of
the pelagic ecosystem (Platt et al., 2009). Annual MLD integrated rates of produc-
tion and respiration are plotted against one another in Fig. 4.6 for the world ocean.
The strong positive correlation (ρ = 0.69, P < 0.001, n = 13473) observed between
production and respiration agrees with previous studies based on in-situ datasets
of volumetric and depth integrated estimates (del Giorgio et al., 1997; Duarte and
Augusti, 1998; Williams, 1998; Williams et al., 2004; Robinson and Williams, 2005;
Robinson, 2008). Major controversy arose about the value of the slope (Williams
et al., 1999). The average P:R < 1 observed in volumetric estimates (del Giorgio
et al., 1997; Duarte and Augusti, 1998) contrasted with the average P:R > 1 observed
in depth integrated estimates (Williams, 1998). The method of analysis and poten-
tial “bias” in dataset coverage (towards oligotrophic or highly-productive regions)
were suggested as explanations for the differences (Williams et al., 1999; Serret et al.,
1999; del Giorgio and Duarte, 2002; Robinson and Williams, 2005). In the present
analysis, the slope (1.32±0.01) is slightly but significantly greater than one (t = 71,
P < 0.001, ν = 43), suggesting global imbalance of the ecosystem towards net het-
erotrophy (R > P). Amongst the global estimates, depth integrated respiration is
twice as variable as depth integrated production. Low- and mid-latitudes estimates
follow closely the 1:1 line (Fig. 4.6). The NA and SO (south of 45◦S) estimates
remain below the 1:1 line, indicating net autotrophic balance in their systems. The
particularly high respiration rates estimated for the Central NP and SO 35-45◦S
band are responsible for the shift in the slope towards R > P.
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4.5.3 Regional and seasonal variability in mixed layer inte-
grated net community production NCPmld
The spatio-temporal imbalance between production and respiration is further char-
acterised in Fig. 4.5e, f. Depth-integrated net community production (NCPmld)
is calculated as the difference between production (Pmld) and respiration (Rmld).
Poleward of 35◦, NCPmld is positive (100-150 g C m
−2 y−1) during the estimated
phytoplankton growing season. The balance is temporally dominated by net autotro-
phy (Zhai et al., 2008). The sequence is followed by net heterotrophic imbalance,
persisting as long as phytoplankton growth is limited. In contrast, equatorward
of 35◦, NCPmld is negative (− 50-90 g C m
−2 y−1) during the estimated growing
season and positive (30-70 g C m−2 y−1) outside of the growing season. This is at
first counter-intuitive, because the phytoplankton population cannot increase unless
it compensates for the community respiration. However, in oligotrophic regions,
the estimated phytoplankton growing season is not representative of a biomass out-
burst, but rather a slight increase above the low annual average. In these regions,
phytoplankton growth is not limited by light but by nutrient supply. Hence, the
deepening of the mixed layer and sporadic inputs of allochthonous material might
stimulate planktonic as well as bacterial populations. Increased phytoplankton pro-
duction further enhance bacterial and zooplankton respiration, leading to negative
NCPmld. The seasonal imbalance remains relatively moderate throughout most of
the low- and mid-latitudes compared with that in the high latitudes (Fig. 4.5f).
Extreme heterotrophic sequences are calculated in the Central NP, the SO 35-
45◦ band, and the Arabian Sea (Fig. 4.5e, Table 4.2). Although negative NCP has
been reported in some of these regions (Robinson and Williams, 1999; Williams
et al., 2004), the explanation for the present extreme estimations of Rmld (> 500
g C m−2 y−1) must lie in the method used to calculate zcr and Ic. Indeed, out-
standly high estimates of Ic, for reasons discussed in section 4.5.1, will result in
overestimation of surface and depth-integrated respiration rates. Net autotrophy is
observed in the highly productive regions of the NA, the Kurushio extension, the
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Bering Sea, and in the SO between 30-35◦S and south of 45◦S with annually aver-
aged NCPmld > 70 g C m
−2 y−1. In the tropics and subtropics, the system oscillates
between annual net heterotrophy and net autotrophy with relatively limited ampli-
tude: − 50 < NCPmld < 50 g C m
−2 y−1. The persisting controversy and the lack
of global-scale estimates of NCP make it difficult to evaluate the soundness of the
present results. Nonetheless, the results can be compared with local and regional
in-situ and modelled NCP estimates of Serret et al. (2009) and Zhai et al. (2009).
4.5.4 Comparison of calculated NCPmld with regional in-situ
and modelled estimates
The North Atlantic Drift (NADR) province
Databases of euphotic zone integrated NCP (NCPeu) and particulate organic
14C-
derived primary production (PO14CP) were compiled over two latitudinal (from 30◦S
to 45◦N) transects of the Atlantic Ocean performed during the Atlantic Merdional
Transect (AMT)-6 and -11 cruises (Serret et al., 2001, 2002, 2006). Using the cruises
databases, Serret et al. (2009) developed the AMT-6 and AMT-11 models to pre-
dict NCPeu from its relationship with PO
14CP. The models were calibrated with
data from productive biogeochemical provinces (NADR, CNRY, BENG, ETRA,
Longhurst (1998)) and oligotrophic provinces (SATL, NAST, Longhurst (1998)),
that were crossed along the cruise tracks. Particular attention was given to the
NADR province, as the seasonal variability of predicted NCPeu could be compared
with in-situ measurements from an 18-month survey performed at three stations
in the Bay of Biscay (Serret et al., 1999). Fig. 4.7 (adapted from Serret et al.
(2009)) presents the seasonal cycles of AMT-6 and AMT-11 predicted NCPeu aver-
aged throughout the NADR province, together with the seasonal cycles of NCPeu
and integrated O2 saturation measured in the Bay of Biscay by Serret et al. (1999).
The present study NCPmld averaged throughout the NADR province were converted
in mmol O2 m
−2 d−1 (O2:C mole ratio of 175:127, Broecker and Peng (1982)) and
then plotted on Fig. 4.7. The results agree with the range of NCPeu measured
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and predicted by Serret et al. (2009). However, NCPmld shows relatively weaker
seasonal variability compared with NCPeu. Weaker NCPmld amplitudes occur in
the winter/spring months, when the mixed layer is significantly deeper (≈300 m)
than the euphotic zone in the NADR province (Longhurst, 1998). Conversely, when
the mixed layer and euphotic zone are approximately equal in summer/autumn,
the present NCPmld estimates match closely with the in-situ and AMT-6 predicted
NCPeu, suggesting that the present method derived from Sverdrup (1953) model
might be of use to predict NCP in some regions of the ocean.
The Northwest Atlantic Shelf
The net change in phytoplankton biomass in the mixed layer (NCBmld) is described
by Zhai et al. (2008, 2009) as the difference between mixed layer depth integrated
phytoplankton growth and total phytoplankton loss by respiration, mortality, graz-
ing, sinking and effects of advection and mixing. Hence, whereas NCPmld represents
the potential of plankton community for export (Williams, 2000), NCBmld embodies
all community losses including export.
Assuming uniform vertical distribution of biomass (B) within the mixed layer,










where zmld(t) is depth of mixed layer at time t, B(t) is satellite-derived concentration
of surface chlorophyll-a at t, χ(t) = 79B(t)−0.36 is the carbon-to-chlorophyll ratio
proposed by Sathyendranath et al. (2009) optimised for the North Atlantic. Equa-
tion 4.16 was implemented in the present study using weekly climatology of chl-a
and zmld (see data section 4.4).
Fig. 4.8a,b present the seasonal and latitudinal variations in NCPmld and NCBmld
for the Northwest Atlantic shelf (70-45◦W,40-60◦N). NCBmld and NCPmld agree in
their range of values, but differ significantly in their temporal distributions. Negative
NCPmld is observed before initiation of the growing season (Fig. 4.8a), indicating net
heterotrophy. At initiation, NCPmld is close to zero as Pmld balances Rmld following
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Sverdrup’s hypothesis. Positive NCPmld is then observed throughout the growing
season. Between 42-52◦N, net autotrophy persists after the end of the ’main’ grow-
ing season for more than ten weeks, most likely during the automnal and ’secondary’
growing season. In contrast, NCBmld is positive only during the ascendant phase
of the growing season (Fig. 4.8b). At peak amplitude, NCBmld is close to zero as a
brief equilibrium is observed between gain and loss of biomass. Negative NCBmld
is observed during the waning phase of the growing season. Outside of the grow-
ing season, NCBmld weakly oscillates around zero, suggesting a relatively constant
biomass in the region.
NCBmld becomes negative when the loss of phytoplankton biomass in the mixed
layer overcomes phytoplankton growth in that same layer. Intense grazing and sink-
ing of large phytoplankton cells reduce significantly phytoplankton biomass in the
mixed layer. In the waning phase of the growing season, the phytoplankton popula-
tion is still growing but not at sufficient pace so as to compensate the losses from the
layer. In such conditions, the system is not under net heterotrophic balance. The
temporal differences between positive and negative phases of NCBmld and NCPmld
come from the fact that the latter represents only the potential of the plankton
community for organic export rather than the total plankton community losses.
Annual NCBmld (+ 0.07 P C y
−1) is almost null, indicating a close balance
between annual total loss and PP (Zhai et al., 2009). The effect of physical forcings
and notably advection is suggested to be responsible for the slight net autotrophic
imbalance of 0.07 P C y−1 in the region. Subtraction of the advection processes
(+ 0.07 P C y−1) from the annual NCPmld (+ 0.23 P C y
−1) gives a net potential for
export production of 0.16 P C y−1. Particulate organic carbon export is estimated
to 0.11 P C y−1 by the biogeochemical model of Schlitzer (2002) in the same region,
giving a reasonable correspondance with the export fraction of NCPmld derived from
Sverdrup’s model.
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4.6 Concluding remarks
Plankton community respiration and net community production were calculated at
global scale using the critical depth model of Sverdrup (1953). The model is based
on the balance between depth-integrated production and respiration, occuring at
the onset of the phytoplankton growing season when the depth of the mixed layer is
equal to the critical depth. The model relied on the recent availability of global scale
estimates of zmld, PP, Io and the timing of onset of the growing season. However,
some of the basic assumptions associated with the model proved to have certain
limitations.
One issue was the overestimation of annual Rmld in the Central NP, the SO 35-
45◦S band and the Arabian Sea, which resulted in calculation of global annual net
heterotrophic imbalance of − 5.9 Pg C y−1 (Table 4.2). The considerable interannual
variability and low phytoplankton biomass seasonality present in the overestimated
regions, hampered reliable estimation of zcr and Ic, which are key parameters in
Sverdrup’s model. A similar issue was suggested in the tropics and subtropics where
the growing season is not limited by light but by nutrient supply. In these regions,
zcr could potentially be deeper than the estimated value of zmld at the onset of
the growing season, which would result in potential overestimation of Ic and Rmld.
However, stably permanent stratification in these regions has most likely limited the
offset in zcr estimations.
In spite of the model’s limitations, specific regional patterns in Ic could be dis-
tinguished. Particularly high Ic were retrieved in the tropics and subtropics (≈ 10-
15 mol photon m−2 d−1) compared to the high-latitudes, displaying almost an order
of magnitude lower Ic (≈ 0.5-3 mol photon m
−2 d−1). Relatively sparse field mea-
surements of Ic impeded validation of the regional and seasonal variability observed
in the present estimates.
Spatio-temporal displacement between net autotrophy (P > R) and net het-
erotrophy (P < R) was observed at all latitudes. Regions poleward of 30◦ showed
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high annual net autotrophic imbalance (≈ 50-120 g C m−2 y−1) (except in the Cen-
tral NP and the SO 35-45◦S band where Rmld was overestimated). Although large
spatial variability in the sign of NCPmld was observed in regions equatorward of 30
◦,
the amplitude of the variations remained relatively limited (− 70 < NCPmld < +70
g C m−2 y−1).
The range and seasonality ofNCPmld agreed with in-situ and model data reported
by Serret et al. (1999, 2009) in the North Atlantic Drift province (Longhurst, 1998).
An annual net heterotrophic imbalance of − 1 Pg C y−1 was estimated for the whole
tropics and subtropics (Table 4.2), with coastal and upwelling regions appearing as
the main contributors. Duarte and Augusti (1998) reported that net heterotrophic
imbalance occurs in 80% of the ocean’s surface, supported by net autotrophy in the
remaining 20% of the ocean. Allochthonus organic inputs of up to ≈ 9 Pg C y−1 are
also suggested to be sufficient to sustain a net heterotrophic imbalance (del Giorgio
and Duarte, 2002). The model showed relatively coherent results throughout the
NA, where a net autotrophic imbalance of + 0.65 Pg C y−1 was calculated (Ta-
ble 4.2). Comparison with the net change in phytoplankton biomass (Zhai et al.,
2009) suggested that advection processes contribute to ≈ 30% of the NCPmld esti-
mates in the NA. Hence, net organic export is estimated to 0.45 Pg C y−1, which
appears coherent with the POC export of 0.34 Pg C y−1 from Schlitzer (2002) for
the same region.
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4.7 Tables
Table 4.1: Glossary of mathematical notations.
Notation Quantity and description Units
α Initial slope of P-I curve mg C mol photon−1
bi Initiation of growing season week
bt Timing of maximum amplitude week
be End of growing season week
I Irradiance in the Photosynthetically Active Range (PAR) mol photon m−2 d−1
Ic Community compensation irradiance mol photon m
−2 d−1
Icphy Phytoplankton compensation irradiance mol photon m
−2 d−1
Io Incident irradiance in the PAR at the surface (z=0) mol photon m
−2 d−1
k Vertical attenuation for irradiance in the PAR m−1
k490 Vertical attenuation for irradiance at 490nm wavelength m
−1
NCBmld Integrated net change of phytoplankton biomass g C m
−2 y−1
in the mixed layer
NCP Net community production g C m−2 y−1
NCPeu Integrated net community production in the euphotic zone g C m
−2 y−1
NCPmld Integrated net community production in the mixed layer g C m
−2 y−1
PP Primary Production g C m−2 y−1
Po Primary Production at surface (z=0) g C m
−2 y−1
Pcr Integrated Primary Production from surface to zcr g C m
−2 y−1
Pmld Integrated Primary Production in the mixed layer g C m
−2 y−1
P0.1% Integrated Primary Production at 0.1% light level g C m
−2 y−1
R Community respiration g C m−2 y−1
Ro Community respiration at surface (z=0) g C m
−2 y−1
Rcr Integrated community respiration from surface to zcr g C m
−2 y−1
Rmld Integrated community respiration in the mixed layer g C m
−2 y−1
z Depth m
zc Sverdrup’s compensation depth, where Po=Ro m
zcr Sverdrup’s critical depth, where Pcr=Lcr m
zmld Depth of the mixed layer m
z0.1% Depth at 0.1% light level m
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Table 4.2: Annual mixed layer depth-integrated primary production Pmld, commu-
nity respiration Rmld and net community production NCPmld averaged in different
regions and over the global ocean. Positive NCPmld indicates net autotrophic im-
balance and negative NCPmld indicates net heterotrophic imbalance. Estimates are
in Pg C y−1.
Region Pmld Rmld NCPmld
North Atlantic 2.87 2.22 + 0.65
North Pacific 3.22 6.76 − 3.54
Southern Ocean 10.65 13.26 − 2.61
Tropics and subtropics 20.53 21.60 − 1.07
Global 38.06 44.00 − 5.94
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4.8 Figures
Figure 4.1: Schematic of the effect of irradiance range on the specific rate of pho-
tosynthesis (figure adapted from Sarmiento and Gruber (2006)). The intersection
between the initial slope α and the specific rate of respiration indicates the min-
imum irradiance level required for net growth to occur. This level is called the
compensation irradiance Ic.
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Figure 4.2: Schematic representation of the compensation depth and critical depth
concepts as defined by Sverdrup (1953) (figure adapted from Sarmiento and Gruber
(2006)). The rates of photosynthesis decrease exponentially with depth due to atten-
uation of the irradiance by absorption and scattering. The rates of respiration of the
plankton community (i.e. phytoplankton, zooplankton and bacteria) are assumed to
remain constant with depth. At compensation depth zc, the rates of photosynthesis
and respiration are equal. In a stratified water-column, net phytoplankton growth
occurs at depth greater than zc. In a mixed water-column, phytoplankton cells will
spend time both above and below zc and the depth-averaged rates of photosynthesis
are estimated. The depth at which the averaged-depth rates of photosynthesis and
respiration are equal is defined as the critical depth zcr. Net phytoplankton growth
occurs when the depth of the mixed layer is greater than zcr.
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Figure 4.3: Spatial distribution of (a) week of initiation of growing (bi; week 1
starting in January), (b) mixed layer depth at initiation (zmld in meters), (c) incident
irradiance in the PAR at initiation (Io in mol photon m
−2 d−1), (d) community
compensation irradiance (Ic in mol photon m
−2 d−1). bi, zmld and Io are available
as climatologies.
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Figure 4.4: Difference between the Sverdrup critical depth zcr and the mixed layer
depth zmld (climatology of de Boyer Monte´gut et al. (2004)) as a function of latitude
and time. Ic is assumed to remain constant over time. Positive values indicate that
zcr is deeper than the mixed layer. Plain line indicates the time of peak amplitude
of the phytoplankton growing season. Dashed lines indicate the time of initiation
and end of growing season.
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Figure 4.5: Spatial and temporal distribution of mixed layer depth-integrated (a, b)
Primary Production (Pmld in g C m
−2 y−1); (c, d) Community respiration (Rmld in
g C m−2 y−1); (e, f) Net community production (NCPmld in g C m
−2 y−1). Posi-
tive NCPmld indicates net autotrophic imbalance (Pmld > Rmld). Negative NCPmld
indicates net heterotrophic imbalance (Pmld < Rmld). Plain line indicates the time
of peak amplitude of the phytoplankton growing season. Dashed lines indicate the
time of initiation and end of growing season.
4.8 Figures 129
Figure 4.6: Mixed layer depth-integrated community respiration Rmld as a func-
tion of production Pmld in g C m
−2 y−1. Colour scale indicates the latitude
of the data point (from 65◦S to 65◦N). The solid line is the fitted regression
Rmld = 1.3±0.01Pmld − 21, ρ = 0.69, P < 0.001, n = 13473. The likelihood of
the slope is given at ± 1 σ. The dashed line represents equality between production
and respiration rates.
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Figure 4.7: Mean seasonal cycles of present study mixed layer depth-integrated
NCPmld and Serret et al. (2009) modelled euphotic zone-integrated NCPeu in the
NADR province (Longhurst, 1998); and seasonal variation of the percentage of oxy-
gen saturation integrated to the depth of the winter mixed layer at an off-shelf
station in the southern Bay of Biscay measured by Serret et al. (1999). Shad-
owed trend shows the range of NCPeu measurements across the Biscay shelf as
reported by Serret et al. (1999). The figure is adapted from Serret et al. (2009).
The present study NCPmld averaged throughout the NADR province was converted
in mmol O2 m
−2 d−1 (O2:C mole ratio of 175:127, Broecker and Peng (1982)). The
scale in g C m−2 y−1 is given for comparative information.
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Figure 4.8: Mixed layer depth-integrated (a) net community production NCPmld
and (b) net change in phytoplankton biomass NCBmld as a function of latitude and
time. NCBmld is calculated as per Zhai et al. (2009). Estimates are in g C m
−2 y−1.
Plain line indicates the time of peak amplitude of the phytoplankton growing season.
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5.1 Global ocean phytoplankton phenology
This work presents a first assessment of phytoplankton phenology at the global scale.
Distinct growth regimes are identified, associated with specific environmental con-
ditions. Phytoplankton growing season begins in winter around 35◦ latitude in the
subtropics, and propagates towards the poles to begin in late spring/early summer
at 60◦ latitude. In latitudinal band, the time of initiation is tightly coupled with
the seasonal increase in insolation and shallowing of the mixed layer. The duration
appears to be limited by the conditions occurring at the end of the growing sea-
son, indicating nutrient depletion in surface waters. The duration shortens towards
the poles (< 10 weeks) and is generally associated with high biomass maximum
(> 1.5 mg m−3) characteristic of intense blooms.
In contrast, equatorwards of 35◦, light is rarely limiting, and the phytoplank-
ton growing season is triggered and limited by nutrient supply controlled by ocean
mixing. Phytoplankton biomass remains low (< 0.5 mg m−3) throughout a rela-
tively long growing season (> 15 weeks). However, at these latitudes, a permanent
stratification of surface waters might prevent seasonal development of phytoplank-
ton. Regions with low or no seasonality are more difficult to characterise with the
method of the phenology developed in the present study. In these regions, if any
growth occurs, a particularly long growing season is generally estimated, whereas if
no growth occurs, the method can detect extremely low pulses in chlorophyll and in-
terpret a growing season of one to two weeks. The tropics are therefore particularly
challenging to track and can show extreme interannual variability in the estimated
duration of growing season.
5.2 Interannual and decadal variability in phyto-
plankton growing season
The 1998-2007 decade of observations shows large interannual variability in dura-
tion of growing season by up to ± 10 weeks in some regions. Significant negative
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linear trends in duration (− 10% yr−1 on average) are observed in the tropics and
subtropics, the eastern North Atlantic and the Southern Ocean (SO) south of 50◦S.
Regions showing a significant increase in duration (+ 8% yr−1 on average) occupy
a smaller fraction of the ocean and include the Greenland Sea and part of the SO
35-45◦S band. The major El Nin˜o that occured in 1997-1998 at the beginning of
the time series strongly enhanced phytoplankton biomass and primary production
(Behrenfeld et al., 2001, 2006). Hence, the estimated reduction in duration over the
1998-2007 period is largely influenced by this event and might not reflect long-term
trends.
Using satellite observations from the sensors CZCS and SeaWiFS, we estimate
that North of 45◦S, the phytoplankton growing season increased by 2.4 weeks on
average between the periods 1979-1986 and 1998-2008. Over more than 70% of the
global ocean, the regional lengthening (shortening) of the phytoplankton growing
season are associated with geographic increases (decreases) in sea-surface tempera-
ture (SST). Large regional increases in SST enhance upper-ocean stratification and
limit the supply of nutrient (Bopp et al., 2001, 2005; Behrenfeld et al., 2006), leading
to the expansion of oligotrophic and permanently-stratified waters (Sarmiento et al.,
2004; Polovina et al., 2008).
5.3 Impact of biological changes on the ocean car-
bon cycle
Global ocean duration in phytoplankton growing season is shown to be linearly
related to carbon export flux. A decrease in carbon export of 0.6 Pg C y−1 (excluding
the SO) is inferred from the increase in duration over two decades between 1979-1986
and 1998-2008. On this timescale, approximately 75% of the changes in export flux
are reflected directly in changes in sea-to-air CO2 flux (Moore et al., 2006; Giraud
et al., 2008), so as to weaken the oceanic CO2 sink by −0.4 Pg C y
−1 North of
45◦S. This indicates a rapid response of marine ecosystem to global change and
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emphasises its importance and significant impact on the oceanic carbon cycle.
However, limited CZCS data coverage in the SO impedes the extension of the
above conclusions to the global ocean. In fact, recent decadal increase in winds
in the Southern Ocean would suggest enhanced nutrient supply (Le Que´re´ et al.,
2007), and thus a different operating mechanism. Using remote sensing data of
Phytoplankton Functional Types (PFTs) (Alvain et al., 2005) and results from a
biogeochemistry model that includes several PFTs (Le Que´re´ et al., 2007), we have
shown that changes in PFT community composition in response to environmental
changes may act to partially counterbalance the weakening of the SO sink of CO2
(Alvain et al., 2009) caused by the strengthening of the surface winds. Assessment
of the specific contribution of each PFT to export production appears critical to
improve understanding of, and quantify the impact of changes in biology on the
ocean carbon cycle. This is one of the perspectives that I wish to explore in my
future research.
5.4 Phytoplankton phenology applications
5.4.1 Resolving Sverdrup’s critical depth model
Knowledge of the time of initiation bi of the phytoplankton growing season allows
us to estimate the key parameters of Sverdrup (1953) critical depth model and
predict mixed layer integrated plankton community respiration Rmld and net com-
munity production NCPmld at the global scale. Although the method of estimation
of bi presents some limitations in regions of low phytoplankton biomass seasonality,
NCPmld estimates agree with in-situ observations and model results in the tropical
and North Atlantic regions. Thus, the method may be use to assess the trophic
balance (i.e. heterotrophic or autotrophic) of some regions of the global ocean.
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5.4.2 Assessing global ocean ecosystem-biogeochemical mod-
els
Most recent ocean ecosystem-biogeochemical models show a significant development
in the representation of ecosystem processes and include several PFTs (Moore et al.,
2002; Gregg et al., 2003; Le Que´re´ et al., 2005). This increased biological complexity
allows to address pressing questions and hypotheses on climate change impacts on
marine ecosystems. Hence, model results and projections are subject to international
scrutiny and assessment of model skills has become essential. For this purpose, a
suite of metrics has been identified to compare comprehensively model results with
in-situ and remote sensing observations. The metrics include: graphical techniques,
statistical analysis (root mean square, correlation), difference fields and Taylor di-
agrams (Doney et al., 2009). Although considerable effort has been devoted to the
selection and implementation of the metrics, the variables themselves have not been
developed to the same extent. Amplitude and annual chlorophyll concentrations are
commonly used to assess phytoplankton biomass performance in the models (Gregg
et al., 2009). Estimating phenological variables such as the times of initiation, peak
amplitude and duration of the growing season in models would allow for a system-
atic evaluation of model representations of phytoplankton seasonal cycles. This is
another perspective that I would be particularly interested to pursue in the future
using different global ocean ecosystem-biogeochemical models.
5.4.3 Monitoring marine ecosystems
In the present work, we show that phytoplankton phenology is affected by changes
in climate over recent decades. Phytoplankton are at the base of the food chain
and the timing of their life cycle events is critical to the recruitment and year-class
strength of zooplankton and fish populations (Platt et al., 2003; Koeller et al., 2009).
Shifts in timing can induce decoupling of phenological relationships between phyto-
plankton and larvae, and ultimately lead to extinction of some higher trophic level
species (Hughes, 2000). Thus, changes in phytoplankton phenology have important
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socioeconomic impacts, especially when they affect the commercially exploited fish
stocks (Hays et al., 2005). Global monitoring of phytoplankton phenology is ex-
tremely useful to assess and predict future directional changes in marine ecosystems
in response to changes in climate.
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